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Preface

It was inevitable for this book to be written. The textbook “Agricultural
Meteorology and Climatology” is an attempt to record on paper one hun-
dred cumulative years of teaching experience of its authors and over 15
years of their joint work during which extensive discussions were carried
on about meteorological education of future agronomists.

Following the example of our predecessors who bestowed on us text-
books of lasting value, we tried in this book to give a balanced presentation
of basic meteorological elements and processes, meteorological measure-
ments, and the application of meteorological knowledge in agriculture.
Particular attention was given to the effect of plants on physical processes in
the atmosphere, as well as to the impact of atmospheric processes on plants.

We sincerely hope that this book will help future generations of agron-
omists to recognize the weather as a partner, and not an opponent, in the
venture they embarked upon - to maximize the production of healthy food.

Branislava Lalic, Josef Eitzinger, Anna Dalla Marta, Simone Orlandini, Ana Firanj Sremac, Bernhard
Pacher, Agricultural Meteorology and Climatology, ISBN 978-88-6453-795-5 (online), CC BY-NC-ND
4.0, 2018, Firenze University Press






Abstract

“Agricultural Meteorology and Climatology” is an introductory text-
book for meteorology and climatology courses at faculties of agriculture
and for agrometeorology and agroclimatology courses at faculties whose
curricula include these subjects. Additionally, this book may be a useful
source of information for practicing agronomists and all those interested
in different aspects of weather and climate impacts on agriculture.

In times when scientific knowledge and practical experience increase
exponentially, it is not a simple matter to prepare a textbook. Therefore
we decided not to constrain “Agricultural Meteorology and Climatology”
by its binding pages. Only a part of it is a conventional textbook. The other
part includes numerical examples and recommended additional reading
available on-line in digital form. This part comprises easy-to-edit work-
sheets and text files which can be continually improved.

To keep the reader’s attention, the book is divided into three sec-
tions: Basics, Applications and Agrometeorological Measurements with
Numerical Examples.

The first section, Basics, discusses the structure of and important
processes taking place in the atmosphere, their causes and consequences.
The atmospheric composition, surface characteristics and incoming solar
radiation determine the heating and cooling of the Earth’s surface, which,
directly or indirectly, are the major forces behind almost all atmospheric
processes that shape weather and climate. This is why special attention
was given to soil, flora, and atmosphere interactions and the inevitable
interchanges among them.

The section Applications deals with meteorological phenomena and
processes that are of key importance for future agronomists. In this section
we addressed the impacts of weather and climate on plant phenology and
growth processes, including the impact of extreme weather events and the

Branislava Lalic, Josef Eitzinger, Anna Dalla Marta, Simone Orlandini, Ana Firanj Sremac, Bernhard
Pacher, Agricultural Meteorology and Climatology, ISBN 978-88-6453-795-5 (online), CC BY-NC-ND
4.0, 2018, Firenze University Press



14 ABSTRACT

resulting agricultural risk management. Since agricultural production is a
weather-dependent activity, the impact of climate change on agriculture
was elaborated to some extent, including modelling techniques and mit-
igation and adaptation measures from global to local scale.

The global climate is changing and this is the reality in this part of the
world too. Consequences of climate change become perceptible only after
the phenomenon has been in action for a few decades, but the knowledge
of its potentially harmful effects, of measures that can alleviate these
effects or which can help us to adapt to these effects are essential for all
who are engaged in agriculture.

The section Agrometeorological Measurements, which contains
numerical examples, should encourage readers to use the knowledge ac-
quired during the course for solving practical problems related to micro-
meteorological conditions in their own production fields. No matter what
they prefer to use, their own measurements or remotely sensed data,
information on the principles applied in the development of meteorologi-
cal instrumentation as well as information on data acquisition and man-
agement will definitely meet the readers’ needs. Finally, advanced users
are given an overview of practical applications of the latest technological
developments, such as the use of remotely sensed data (e.g., acquired
from drones, satellites and other digital data-generating equipment) in
precise farming operations.



Chapter 1

Origin and composition of the atmosphere

This essay discusses the atmosphere, its causes and the consequences
of its behaviour starting from its very first moment. The origin of the
Earth is the cause of atmospheric content. Together with incoming solar
radiation and surface characteristics, the composition of the atmosphere
determines the Earth’s heating and cooling, the major forces behind almost
all atmospheric processes.

1.1 The atmosphere and the Earth

The Earth, our home planet, was “born” some 4.5 billion years ago. Vol-
canic and hot, the planet was rotating and cooling. In volcanic eruptions,
gases such as CO,, CO, NO, and water vapour were released. Additionally,
some atmospheric components including water (vapour) came from the
Earth’s bombardment by meteors and comets. After a solid surface was
formed whose temperature cooled down far below 100 °C, liquid water
remained on Earth and initiated the formation of the world’s oceans.

The first ocean was the only place on the young Earth capable of
harbouring life. On its bottom, some 3.5 (but certainly no less than 2.7!)
billion years ago, emerged Cyanobacteria or blue—green algae, the first
microbes which produce oxygen by photosynthesis. As a result of dif-
ferent geological and chemical processes, life—giving oxygen released to
the first atmosphere additionally reduced the (ultraviolet) UV radiation
that reached the ocean’s surface. It helped the first life forms to survive
in shallower water and, finally, to reach the surface. After more than 2
billion years of very slowly rising through the water, the first land plants
evolved on Earth 700 million years ago.

Branislava Lalic, Josef Eitzinger, Anna Dalla Marta, Simone Orlandini, Ana Firanj Sremac, Bernhard
Pacher, Agricultural Meteorology and Climatology, ISBN 978-88-6453-795-5 (online), CC BY-NC-ND
4.0, 2018, Firenze University Press



16 ORIGIN AND COMPOSITION OF THE ATMOSPHERE

Component Symbol % by volume % by weight
Nitrogen N, 78.08 75.51
Oxigen o, 20.95 23.15
Argon Ar 0.93 1.28
Subtotal 99.96 99.94
Neon Ne 0.0018
Helium He 0.0005
Krypton Kr 0.0011
Hydrogen H, 0.00005
Xenon Xe 0.00009

Table 1.1: Dry atmosphere average composition below 80 km (Barry
and Chorley, 1998).

Today, the Earth’s atmosphere consists of essentially the same gases
as in remote times but in proportions that have changed throughout
the ages. The atmosphere is a mixture of permanent gases, aerosols and
trace gases, and solid and liquid particles. Permanent constituents of the
atmosphere with constant concentration are: nitrogen (N), oxygen (O,)
and argon (Ar) (Tab. 1.1), while water vapour (H,0), carbon dioxide (CO,)
and ozone (OS) are gases with variable concentrations (Tab. 1.2). Let us
point out that water vapour is an atmospheric component whose content
changes the most over time and space. Another gas, whose changes are
not so great but which troubles us even more because of its specific and
very important role, is ozone. Ozone (03) effects intensive absorption of
biologically harmful UV radiation in the stratosphere, thereby shield-
ing living organisms On the other hand, because of its strong oxidizing
properties, direct contact with O, is harmful both to plants and humans.

Component Symbol % by volume Concentration (ppm)
Water vapor H,O0 otog
Carbon dioxide Co, 0.035 355
Methane CH, 0.00017 1.7
Nitrous oxide N,0 0.00003 0.3
Ozone O3 0.000004 0.04
Particles/Aerosols 0.000001 0.01
Chlorofluorocarbons CFC’s 0.00000001 0.0001

Table 1.2: Variable gas concentrations in the atmosphere (Thompson,
1998).
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Figure 1.1: The atmospheric density and pressure distribution.

This is the dual nature of O,, usually described as “good” and “bad”
O,, with the latter represented by tropospheric O,. Near the surface, O, is
created in complex photochemical reactions involving NO,and hydrocar-
bons, most of which are volatile organic compounds (VOCs). Tropospheric
O, has the strongest impact on plants. In highly polluted air, O, will cause
more damage to plant tissue than all other pollutants together. Together
with other gases, ozone enters leaves through open stomata, where it at-
tacks cells as a strong oxidant. Exposure symptoms include visible lesions
on the leaf surface, reduced growth and a hypothesized reduction in the
allocation of carbohydrates to roots. These symptoms can significantly
impact plant development and crop yield. The part of the atmosphere in
which concentration of “good” ozone is reduced —i.e., when the ozone layer
becomes thinner with respect to its normal value — is called an ozone hole.

Finally, aerosols are important constituents of the atmosphere that
appear in the form of small particles or drops. Even if their concentra-
tion is very small (0.01 ppm), aerosols significantly affect physical and
chemical processes of the atmosphere. When they increase in size and/or
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concentration, aerosols can affect atmospheric transparency by producing
the effect of light cloudiness or fog.

Atmospheric density and pressure. Due to the presence of sources
and sinks, the concentration of trace gases changes with altitude. Pho-
tochemical processes at high altitudes (above 10 km) lead to concentra-
tions of ozone and monoatomic oxygen that are higher than in the lower
atmosphere. More than 50% of mass is located in the lowest 5.5 km of the
atmosphere, while 99% of it can be found in altitudes below 30 km above
the ground (Figs. 1.1 and 1.2). This is in accordance with experimental evi-
dence proving that the density of the atmosphere decreases with altitude.

50
| . o Above 99.9%
40 F
+—5mb
Above 99%
5 + 10 mb
£
g +«—25mb
=
=]
g <——50 mb
20F
Above 90%

P \
Mt. Everest

0 100 300 500 700 900
Pressure (hPa)

Figure 1.2: Distribution of atmospheric pressure and mass (in percent)
by altitude.

Atmospheric stratification. Atmospheric pressure and mass distribu-
tion decrease with altitude quite rapidly in the lower atmosphere, while
above 20 km the decrease is very slow. Air temperature as a very prominent
atmospheric characteristic does not vary uniformly with altitude (Fig. 1.3).
Measurements have shown that starting from the Earth’s surface air tem-
perature decreases with altitude at an average lapse rate of 6.5 °C/1000
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m up to 11 km. This part of the atmosphere is called the troposphere. Of
course, the depth of this layer of decreasing temperature is not constant
over the globe and throughout the year. It varies from 7 km above the poles
during winter to 20 km above the Equator. Since a major source of energy
for the troposphere is heat from the Earth’s surface, moving away from it
brings a temperature decrease. The troposphere contains 75-80% of the
mass of the atmosphere responsible for almost all processes which form
and affect weather. At the upper limit of the troposphere, there is a thin
layer of air called the tropopause. Here the temperature lapse rate starts
changing from 6.5 °C/1000 m to 2 °C/1000 m or even less for the next few
kilometres (from 2 to 4 km depending on latitude) (WMO, 1992), forming
a layer of almost constant temperature. For thermodynamic reasons, the
constant temperature of the layer dampens all vertical motions through
the layer. In effect, the tropopause tends to function as an imperfect lid
separating the troposphere from the higher reaches of the atmosphere. In
the first layer above the tropopause, temperature increases with altitude.
The stratosphere, as it is called, owes its temperature profile to its gas
content and distance from the ground. Specifically, at heights above 20
km, the concentration of atmospheric ozone is highest. This gas intensively
absorbs solar radiation in the UV part of the spectra and increases the tem-
perature of this part of the atmosphere. Because of the stable stratification
of stratosphere, vertical mixing and convection are almost negligible and
particles that get into the stratosphere (in volcano eruptions or nuclear
accidents, for example) can stay there for decades. In addition, the strato-
sphere is very dry. Most water vapour stays in the troposphere, while 20 %
of the atmosphere’s mass is distributed over a layer measuring more than
30 km. At an altitude of about 50 — 55 km we find the top of stratospheric
inversion layer, called the stratopause. On average, the temperature at this
altitude is —15 °C, while atmospheric pressure of 100 Pa (1 mb) indicates
that 99.9% of the atmosphere is located below this level. At an altitude of
approximately 50 km, air temperature again starts to decrease, reaching
at 85 km the absolute atmospheric minimum temperature of —9o °C. This
atmospheric layer, which has a very low density of gas molecules, rich in
UV radiation and almost no oxygen, is called the mesosphere. Due to its
low density, absorption of solar radiation is negligible, while heating from

the stratosphere is reduced with increasing altitude. Since the position of
the mesosphere is too high for research aircraft and balloons and too low
for satellites, it remains an almost “mysterious” part of the atmosphere.
The mesopause divides the mesosphere from the highest atmospheric
layer — the thermosphere — which extends up to 100 km. Air in this layer
is so thin that even atomic and molecular collusions are very rare. In the
upper part, the main components are atomic nitrogen, oxygen and helium.
Gas content and temperature are strongly affected by the Sun’s activities.
Even if temperature is believed to increase with altitude here, this cannot
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Figure 1.3: Atmospheric layers with respect to vertical variation of air
temperature.

be taken as fact, as in this part of the atmosphere temperature is, literally,
the average kinetic energy of a limited number of molecules.

1.2 Impact of atmospheric composition on plants

Atmosphere and soil comprise the entire plant environment. At-
mospheric content and conditions crucially affect plant development
and growing conditions. The balance of atmospheric gases drives plant
physiology, chemistry and complete growth.

The impact of CO, increase on plants has been and continues to be
a subject of great concern since the last decades of the 20™ century. Its
impact mostly concerns the intensity of photosynthesis, as under current
atmospheric concentrations CO, is a limiting factor of photosynthesis
(Fig. 1.4) and transpiration for many plants. Under well-watered condi-
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Figure 1.4: Short-term response of photosynthetic rate on changes of
CO, concentration for C, and C, plants.

tions, the respective responses of C, and C, plant’ photosynthesis on CO,
elevation differ significantly. For gas concentrations varying from 180
to 700 ppm, rates of photosynthesis were changed by 30% and 142% for
C, and C, plants, respectively (Ward et al., 1999). Net photosynthesis of
wheat is about 15.9 mol m—=2h(4.4167-10 mol m=s™), while in the case of
maize itis about 12.5 mol m=h (3.47-103 mol ms™), for photosynthetic
active radiation (PAR) of 279.12 W m. Furthermore, for maize, a C, crop,
the photosynthetic rate becomes constant at lower CO, concentrations
(450 ppm) than, for example, wheat, a C, crop (850 ppm). Transpiration
response at elevated CO, takes place at the stomata level, resulting in
increased stomatal resistance and, therefore, reduced intensity of the
transpiration process. It should be noted that plants of the same type
can react very differently to changing CO, levels, depending on other

1 C, plants are temperate weather crops like wheat, barley, rice, soybean, sunflo-
wer and all trees, while C, are plants from arid climate zones with hotter or tropical
weather such as corn, sugarcane, millet and sorghum.
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environment conditions such as stress, nutrition and genetic constitu-
tion (i.e. cultivar effects). Moreover, long—term adaptation is uncertain,
which causes difficulties in making predictions and necessitates further
research in this field.

Atmospheric SO, was the most important phytotoxic pollutant in
Europe in the past century. During the last decades of 20th century, its
emission was reduced, while NO_ (NO + NO,) and O, become more im-
portant. High concentrations of atmospheric SO, during short periods of
time can produce serious damage, particularly in stomata functionality.
Cumulative effects of long term exposure can, therefore, significantly affect
plant resistance to stress and reduce growth without clear symptoms. In
combination with tropospheric ozone (O,), which has similar damaging
effects, even low concentrations of SO, and NO, can seriously harm plants.

1.3 Impact of plants on the composition of the atmosphere

The composition of the atmosphere is permanently changing over
the time and space due to natural and anthropogenic processes. The
latter are those introduced by humans and have become more and more
important since first industrial revolution in the 18th century. However,
in the remainder of this chapter we will focus on the physical, chemical
and physiological processes caused by the presence of plants and soil.

Let us begin with one of the most important, namely, the balance in
the production and destruction of oxygen and nitrogen in the atmosphere.
Nitrogen is produced and released from soils to the atmosphere through
the processes of nitrification (biological oxidation of ammonia to nitrites)
and denitrification (the microbial process of nitrate reduction), which
release N,, N O, NO and NH,.. On the contrary, biological activity of the
soil (especially N fixation) is mainly responsible for nitrogen removal
from the atmosphere. The most important source of atmospheric oxygen
is plant photosynthesis, while the oxidation process of organic (vegeta-
tion, animal and bacterial respiration) and inorganic matter as well as the
aerobic decay of organic matter represent sinks of oxygen.

Plants affect the composition of the atmosphere on both mechani-
cal and physiological levels. Plant canopy, particularly forest, increases
surface roughness, changes air flow above the canopy and influences
gas exchange from the atmosphere to the canopy air space. Atmospheric
gases such as O,, CO, and H,O are permanent components of important
physical and physiological processes related to plant growth and canopy
environmental interactions. Some other gases can be assimilated by
plants (O 3) or deposited on the surface of leaves (NO,, SO,,...). The
presence of plant canopy affects carbon balance by means of biomass
distribution, respiration, assimilation of CO,, decomposition of organic
matter and nutrient mineralization. In the case of H,O, vegetation al-
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ways increases atmospheric humidity by transpiration and reduction of
the transfer of water vapour from the ground surface. This is why plant
canopy is considered globally as an important source and sink of most
atmospheric constituents.






Chapter 2
Energy balance of the atmosphere

Three major mechanisms of energy transfer in nature are conduction,
convection and radiation. Energy is transferred by conduction either through
solid materials or between them. It occurs when atoms or molecules interact
with each other, transferring part of the kinetic or vibrational energy from par-
ticles having higher energy (the warmer part) to those with lower energy (the
cooler part). Convection is typical for energy transfer within fluids or through
the interface between a solid surface and a streaming fluid. Electromagnetic
radiation is the mechanism of energy transfer by electromagnetic waves which
can propagate through free space or a material medium at the speed of light.

2.1 Shortwave and longwave radiation in the atmosphere

Wave length, 1 and frequency, n are characteristics commonly used
to describe electromagnetic radiation. Since electromagnetic waves are
just a special case of energy transfer by wave motion, the relation between
wave length and frequency — as for all waves — can be written in the form

c=AvV (2.1)

where c is the speed of wave propagation. In the case of electromag-
netic waves in the air or a vacuum, this speed is commonly known as the
speed of light, with a value of 3-10° m s™. According to Planck’s quantum
theory, energy is not emitted or absorbed continuously but in the form of
quanta. In the case of electromagnetic radiation, this package of energy is
called a photon, and its energy, E is proportional to frequency, v

E=hwv (2.2)

where h is Planck’s constant (6.62-1034 J s).

Branislava Lalic, Josef Eitzinger, Anna Dalla Marta, Simone Orlandini, Ana Firanj Sremac, Bernhard
Pacher, Agricultural Meteorology and Climatology, ISBN 978-88-6453-795-5 (online), CC BY-NC-ND
4.0, 2018, Firenze University Press
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Every body with a temperature above 0 K emits radiation. The energy
of electromagnetic radiation emitted from each square meter of body sur-
face in each second, B is proportional to the fourth power of its absolute
temperature, T according to Stefan—Boltzman’s law

B =¢-0-T* (2.3)

where o is Stefan—Boltzman’s constant (5.67-10° W m=K+) and ¢ is the
surface emissivity. At the same temperature, different bodies radiate differ-
ently. Therefore, body energy emission is not just a matter of temperature
but also of their material characteristics. Surface emissivity varies from o for
aso—called “absolute white body” to 1 for a so—called “absolute black body”.
Of course in nature there is no such thing as an absolute white or black body,
but some natural surfaces behave very similarly in their emissivity (Tab. 2.1).

Land cover Albedo Emissivity
Tropical forest 0.13 0.99
Woodland 0.14 0.98
Farmland/natural grassland 0.20 0.95
Semi—desert/stony desert 0.24 0.92
Dry sandy desert/salt pans 0.37 0.89
Water <0.08 0.96
Sea ice 0.25-0.60 0.90
Snow—covered vegetation 0.20-0.80 0.88
Snow—covered ice 0.80 0.92

Table 2.1: Mean annual albedo (see Section 2.2) and emissivity of dif-
ferent land covers (Thompson, 1998).

Wave length (or frequency) and electromagnetic spectra are the most
important characteristics of electromagnetic radiation. The energy of the
latter is inverse to wave length, with the term “shortwave” used for high
energy and “longwave” for low energy radiation. The electromagnetic spec-
tra of an emitting body represents the distribution of the monochromatic
irradiance/intensity of radiation over a range of wavelengths (Fig. 2.1). Ac-
cording to wavelength referring to a maximum in electromagnetic spectra,
radiation of body in case is considered as shortwave or longwave. The most
important source of shortwave radiation for the Earth is the Sun (maximum
500 nm), while all forms of electromagnetic radiation originating from the
much cooler surfaces of the Earth belong to the longwave part of the spectra.

The Sun is a star, a ball of hot gases and plasma whose surface radiates
like a black body at a temperature of approximately 6000 °C. Under clear
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Figure 2.1: Electromagnetic radiation spectra.

sky conditions, atmospheric components perform only minor absorption
of solar radiation in the visible part of the spectra (380 — 760 nm), allow-
ing high energy radiation to reach the Earth’s surface and to play the role
of the most important driving force in the whole atmosphere. However,
absorption is not the only mechanism of solar radiation attenuation in
the atmosphere. Diffuse reflection and selective absorption are processes
which can significantly change the quality and quantity of solar radiation
reaching the surface (expressed as changing colours of the sky, for exam-
ple). Diffuse reflection occurs when radiation reaches a surface (drops,
clouds, etc.) which is not flat (Fig. 2.2). In the atmosphere this is common
situation. An incident ray reflects at many angles other than at the incident
one, thus changing its original spectral characteristics. Selective absorp-
tion refers to different intensities of absorption in different parts of the
spectra. The absorption spectra of atmospheric components are responsible
for selective absorption of solar radiation in the atmosphere (Fig. 2.3).
The presence and concentration of particular atmospheric components
determine the intensity of absorption at certain wavelengths.

Reflected
rays

Incident
»~ rays

Normal to
the surface

Rough surface

Figure 2.2: Diffuse reflection of radiation from rough surface.
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The Earth is a massive body with changing temperature and emis-
sivity over its surface. The intensity of the Earth’s radiation can be
calculated using Eq. (2.3), taking into account ground surface tempera-
ture and emissivity. In the case of the atmosphere, radiation emission
is much more complex. Specifically, every gas component, droplet
or cloud part in the atmosphere is a small body which emits energy
according to Stefan—Boltzman’s law. Since for each of these the sur-
rounding air represents an infinite heat reservoir, it can be assumed
that the temperatures of all of these small bodies are equal to that of the
surrounding air. In that case, radiation emitted by the atmosphere is
proportional to the air temperature and the number of small sources of
radiation in the atmosphere. Obviously, the exact relation for calculat-
ing atmospheric radiation is almost impossible to formulate. But, there
are many empirical relations taking into account impact of clouds on
global radiation or correlation between sunshine duration and global
radiation (see Chapter 14).

25
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15 Radiation at sea level

H.,O0 Blackbody spectrum at 5250 °C

Spectral irradiance (W m2nm-')

Absorption bands
H.,O
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Figure 2.3: Solar radiation spectra at the top and the bottom of the
atmosphere.

Since the Earth and the atmosphere have temperatures in the range
of 200—300 K, emitted radiation belongs to the thermal infrared part
of electromagnetic spectra (4—100 pum) with a maximum intensity of
10 um (Fig. 2.4). In the subject literature, the commonly used term for
both of these radiation fluxes is terrestrial radiation. This radiation is
the most powerful source of longwave radiation in the Earth’s climate
system and is responsible for surface energy balance at night. In the case
of high humidity and/or cloudiness, atmospheric radiation is higher.
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The presence of clouds additionally rises surface warming by increased
reflection of radiation coming from the ground, therefore making the
surface energy balance positive even at night, in the absence of short
wave radiation.
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Figure 2.4: Absorption spectra for major natural “greenhouse gases”
(GHGs) in the Earth’s atmosphere of shortwave and longwave radiation.

Alarge portion of atmospheric components absorbs electromagnetic
radiation, but at different wavelengths or absorption windows of the
electromagnetic spectrum (Fig. 2.4). The most powerful absorber of elec-
tromagnetic radiation below 0.4 um (UV radiation) in the stratosphere
is ozone. With an absorptivity for UV radiation close to 1, stratospheric
ozone is the “guardian” of life on Earth. In addition, nitrogen (N,) and
oxygen (O,) also absorb electromagnetic radiation, but at wavelengths
below 0.1 um and at 0.245 um, respectively. At wavelengths between 0.39
um and 0.70 pm, the absorption spectrum of the atmosphere has a gap,
with absorptivity close to 0, called the “atmospheric window” (Fig. 2.4).
It allows solar radiation, in the so—called visible part of the spectra, to
reach the Earth’s surface. However, with a certain reduction of intensity,
the Earth’s surface receives solar radiation of a broader range of wave-
lengths (0.3—3 um), which include the near—ultraviolet (NUV), visible
and near—infrared (NIR) parts of the spectra—in other words, shortwave
radiation. Absorption of this radiation is mostly affected by water vapour
and carbon dioxide (Fig. 2.4).
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Outgoing terrestrial radiation belongs to longwave radiation spectra
with wavelengths above 4 um. In atmospheric absorption of longwave
radiation, the most important role is played by a group of gases which were
once called “greenhouse gases” (GHGs)?: water vapour, carbon dioxide,
ozone, nitrous oxide and methane. GHGs in the atmosphere are responsi-
ble for the absorption of radiation mostly in the infrared “window” between
8 and 14 pm. Only CO, has an excessive absorption line beyond 13 um.

2.2 Energy balance

Solar radiation reaches the Earth’s surface in the form of direct and
diffuse radiation. Direct radiation is a part of solar radiation which comes
to a horizontal surface along with the Sun’s ray at one narrow spatial angle
(up to 5). After diffuse reflection and scattering in the atmosphere, solar
radiation falls to the surface in the form of diffuse radiation. The measure
of total solar radiation coming to the Earth’s surface is so—called global
radiation, defined as the sum of both direct and diffuse radiation in the
range of 0.3—3 um wavelengths. Partitioning global radiation between
direct and diffuse parts is mostly effected by the presence of clouds and
the solar angle. In the case of clear sky, both direct and diffuse radiation
are present. However, when thick clouds cover the sky and the Sun is
completely obscured, global radiation is equal to the diffuse measure. The
same situation occurs at sunset, when the Sun is below the horizon and
only the reflection of solar radiation from the sky to the ground produces
diffuse radiation on the Earth’s surface. For the region of Central Europe,
typical values of clear—sky daily global radiation vary from about 5 to 30
MJ m=2, depending on the season and the latitude.

At the surface, global radiation can be separated into two basic types
of radiation: absorbed (energy absorbed by the surface and transferred
deeper into the soil) and reflected (energy reflected from the surface back
to the atmosphere). Shortwave absorbed radiation varies with latitude
and season (the dominating effect of the sunbeam’s angle) and the type
of surface. A portion of reflected radiation is determined by the surface
characteristic albedo. The magnitude of the albedo of natural surfaces
varies from 0.13 for tropical forest to 0.8 for snow—covered ice (Tab. 2.1)
and can be calculated as the ratio of reflected (R) and global (G) radiation
intensities. Albedo changes with colour, wetness, structure and surface
cover. Dark and moist ground after deep ploughing has a low albedo

2 The name “greenhouse gases” is kept for historical reasons even if this term
is scientifically incorrect. Specifically, the main reason for temperature increase in a
greenhouse is the prevention of heat conduction due to the presence of glass walls and
a ceiling. In the case of warming related to GHGs, the cause of the rise in temperature
is the increased absorption of longwave radiation by GHGs.
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because of an increase in absorbed solar radiation. In other words, dark
bodies absorb better than white ones, while the presence of water in the
soil increases its heat capacity because air (with a lower heat capacity) is
replaced by water (with a higher one). Deep ploughing increases multiple
reflection of solar radiation on the ground surface before its final reflection
towards the atmosphere. An important lesson to be learned in this regard
is that a component of the energy budget of the Earth’s surface—reflected
radiation—is affected by surface characteristics, which are changing dy-
namically. More about the impact of vegetation on albedo can be found
in Section 3 of this Chapter.

Before going into a detailed analysis of energy balance, some important
sources and sinks of energy should be mentioned, namely, sensible and
latent heat, which are transferred by convection and turbulence. Sensible
heat is energy transferred from warmer to cooler places in the presence of
a gas (air) or fluid, thereby producing a temperature change of all bodies
that come into contact with it (sensation). In 1884 Joule described it as
energy indicated by a thermometer. Latent (hidden) heat, on the other
hand, is energy involved in phase changes at a constant temperature. At
the Earth’s surface and in the atmosphere, this energy is associated with
changes in the state of water from water vapour to liquid water and ice
and vice versa. Sensible heat flux is positive if it is directed from the sur-
face to the atmosphere, while latent heat flux is positive if, for example,
a surface evaporates. That convention is reasonable, since in both cases
the atmosphere becomes warmer.

At this point, let us shed more light on two aspects of the analysis of
incoming solar radiation which sometimes produce a great deal of confu-
sion. One is related to the amount of solar radiation that passes through
a plane normal to the direction of the Sun. The greatest amount of solar
energy that can reach 1 m? of surface above the Earth’s atmospherein 1 s
is called the solar constant; on average its value is 1367 W m=. A second
analysis relates to the average amount of radiation that the Earth (at the
top of the atmosphere) receives per unit area. It differs from the previous
definition because there is always a “light” and “dark” part of the Earth. The
average amount of received radiation refers to the energy which each part
of the atmosphere receives if the incoming energy is uniformly distributed
all over the planet at a given moment. A quick calculation proves that this
equals one quarter of the solar constant, or 342 W m=.

The shortwave energy balance at the Earth’s surface and the atmos-
phere as well as the partition of radiation fluxes, is commonly made with
respect to incoming solar radiation (whose total is set to 100 units). We
will express the amount of each different radiation flux as a portion of this
total radiation. On its path through the atmosphere, then, solar radiation
goes through the processes of: a) absorption in the stratosphere (2) and
the troposphere (17); b) reflection from clouds (20) and the ground surface
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(4), including scattering in the atmosphere (6), and c) transmission in
the form of direct (28) and diffuse (23) radiation (Fig. 2.5). It produces
an overall effect of 30 units of reflected radiation, which corresponds to
aplanetary albedo of 0.3. Another calculation brings us to the conclusion
that the atmosphere absorbs only 19% of incident solar radiation, while
about 51% reaches the Earth’s surface.

Absorption of solar radiation by the atmosphere and the surface below
produces their heating. Let us suppose that the Earth’s surface at 18.55 °C
(291.7K) and with an emissivity of 0.95 is in thermodynamic equilibrium
with the atmosphere. According to Stefan—Boltzman’s law, this surface
emits 300 W m2, which is approximately 114% of the incoming solar
radiation (Liou, 2002).

s, s
-64 -96

Convection and “‘
conduction Latent heat /j\

Energy lost by atmosphere

IR
117 / +51 +96

~2 -23 -
A Evaporation '

Energy lost at Earth's surface Energy gained at Earth's surface _

Figure 2.5: Shortwave and longwave energy balance of the Earth’s sur-
face and the atmosphere.

If we partition the flux as was done for shortwave radiation, longwave
radiation fluxes at the Earth’s surface and the atmosphere are as follows
(Fig. 2.5): from 117 units of terrestrial longwave radiation coming from sur-
face, 111 will be absorbed by atmospheric gasses, while 6 units will be lost to
outer space. Additionally, 30 units on average come from the surface to the
atmosphere in the form of latent (23) and sensible (7) heat. The atmosphere
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therefore gains 19 units from solar radiation, 111 from terrestrial and 30 from
sensible and latent heat fluxes, giving us a total of 160 units. But the atmos-
phere emits as well. According to its average temperature and current content,
atmospheric downward emission is 96 units, while 64 units are lost to space.

These 96 units of reemitted energy (i.e., 111 units of absorbed terres-
trial radiation) produce the so—called “greenhouse gas (GHG) effect”. Of
course in the case of a higher concentration of gases absorbing longwave
radiation, absorption of surface emission will be above 111, which will
increase the equilibrium temperature and consequently the amount of
energy reemitted to the ground.

To better understand this effect, we should consider the global impact
of all these processes. One of the best indicators in this regard is the Earth’s
net radiation, which represents the balance between incoming and outgoing
energy at the top of the atmosphere (Fig. 2.6). In order to keep global air
temperature constant, the Earth’s net radiation must be zero over a year.

Figure 2.6: Monthly average of Earth’s net radiation for 2006 (Source:
NASA Earth Observatory, <https://earthobservatory.nasa.gov/Global-
Maps/view.php?d1=CERES_NETFLUX_M>).

2.3 Impact of radiation on plants

Radiation impacts plants through wavelength, energy and duration.
From the point of view of plant physiology, the most important sections
of the electromagnetic spectra are the visible ones, also known as the
light and UV-B ranges. Light is responsible for chlorophyll formation,
the functioning of stomata, photosynthesis, growth and phenology, and
in the case of mixed vegetation, such as forest and grassland, for species
stratification and the size and structure of leaves. For photosynthesis, the
range of 400—700 nm (photosynthetic active radiation — PAR) is crucial.
Daily variation of PAR intensity and the partition between direct and dif-
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fuse components is significant (Fig. 2.7). After 14 h, direct PAR intensity
is negligible, and photosynthesis completely relies on diffuse radiation.
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Figure 2.7: PAR partitioning above forest on 1st June 2012 at Prospect Hill
Tract, Harvard Forest, Petersham (MA, USA)3 (Munger and Wofsy, 2017).

UV radiation, particularly UV-B radiation (280—315 nm), has nega-
tive effects on photosynthesis, reducing plant size and destroying enzymes
and deoxyribonucleic acid (DNA), which leads to plant tissue damage and
increased sensitivity to disease. Additionally, UV-B radiation affects the
productivity of phytoplankton, which are responsible for carbon storage
in the ocean.

Infrared radiation (IR) is electromagnetic radiation with a wavelength
between 700 nm and 1 mm. Infrared radiation is emitted by every “hot”
body; once absorbed by a body, it gives rise to the phenomenon of heat.
These thermal properties are common to all electromagnetic radiation, but
they occur more particularly with infrared radiation, which is therefore
also called thermal radiation. Infrared emission is the result of transi-
tions between vibrational energy levels of molecules. It opens a window
of opportunity for investigating molecular structures and reticular bonds
of plants through analysis of their IR emission and absorption spectra.

All physiological and biochemical processes important for the de-
velopment of plants are triggered and/or limited by temperature (the
lower and upper thresholds, respectively). The rate of process is often
proportional to effectively invested energy, i.e., the energy transferred
between an organism and its environment at temperatures between certain

3 The tower at Prospect Hill Tract, Harvard Forest, Petersham (MA, USA) was
installed in 1989. The eddy—flux measurements taken there constitute the longest
running record of net—ecosystem carbon exchange in a North American forest.
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thresholds. Although photosynthesis is the most important physiological
process involving radiation, only 50% of the incident portion is employed
by the plant to perform photosynthesis. It is also worth remembering that
from energy received by the leaf only 5% is finally converted into biomass,
while 60% is lost on non—absorbed wavelengths, 8% on reflection and
transmission, 8% on heat dissipation and 19% on metabolism (Campillo
etal., 2012). Depending on how carbon dioxide is fixed during photosyn-
thesis, plants are divided into three groups: C,, C, and Crassulacean acid
metabolism (CAM) plants. CAM plants are those with crassulacean acid
metabolism in which a carbon fixation pathway evolves as an adaptation
to arid conditions. Typical for these plants is that leaf stomata remain
closed during the day in order to reduce evapotranspiration but stay open
at night to collect carbon dioxide. C, plants are generally considered less
productive than C, plants due to lower CO, assimilation efficiency. They
also differ in their optimum temperatures for maximum photosynthesis
rates: C, crops have higher optimum temperatures than C_crops. Legumes
need additional metabolism for N—assimilation, which accounts for their
lower radiation use efficiency, except under conditions where nitrogen
availability is a limiting growth factor.

Plants as physical systems are always in a state of energy balance with
their environment. Even if some organisms can autonomously change
temperatures, in the long term their temperatures are stable, the result of
energy exchange with the environment. A common assumption is that the
net radiation, R received by a plant is balanced by the turbulent fluxes
of latent, LE and sensible heat, H together with storage in the ground, Q,
and in the biomass, Q:

R =LE+H+Q,+Q (2.5)

Plant energy storage which is used for some small, autonomous tem-
perature regulations and internal processes does not exceed 20-30 W
m. Therefore, it is thought that the first three terms on the right—hand
side of the balanced equation account for more than 95% of net radiation.

Latent heat flux from the leaf surface, LE, is proportional to the
intensity of evapotranspiration, E,. The coefficient of proportionality is
the latent heat of evaporation, L. which depends on the temperature of
the evaporating liquid. In the case of leaves, the temperature of the water
inside leaves and on the leaf surface is equal to its temperature, and L can
be considered as a function of leaf temperature, T,. It is useful to keep in
mind that for water, L = 2.43-10° J kg" at 30 °C and L = 2.501-10° J kg at
0 °C. Evapotranspiration is a complex process which includes the phys-
ical process of evaporation from the soil and leaf surfaces and also the
physiological process of transpiration through the plant’s stomata (Fig.
2.8). Since water potentially evaporates from the leaf surface only during
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short periods of time after precipitation or dew formation, considerations
of leaf energy balance include only transpiration.

Commonly used parameterisation of transpiration is based on Fick’s
law of diffusion and resistance representation of vegetation, implying anal-
ogy with Ohm’s law. According to Fick’s law, water vapour flux between
the leaf interior and the air is directly proportional to the difference in
its concentration (commonly expressed through the partial pressure of
water vapour in the air, ) and inversely proportional to transfer resist-
ance. A similar concept can be applied to CO, diffusion between the plant
and the surrounding air using the CO, concentration difference between
the inside and outside of the leaf stomata and its transfer conductivity.
This is why CO, uptake and water vapour release from the plant surface
are very closely correlated. This is usually expressed using the so—called
transpiration coefficient, which represents a very close relation of tran-
spiration to the photosynthesis rate.

Cuticle
Upper Epidermis—

Palisade
Mesophyll

Spongy
Mesophyll

Lower Epidermis —,

Guard cells water vapour Stoma

Atmosphere

Figure 2.8: Stomata scheme.

It is a reasonable assumption that water vapour within a leaf is in
saturation at the leaf temperature and therefore that water vapour con-
centration can be expressed using the saturation vapour pressure at the
leaf temperature, e (T)). If the relative humidity of the air, p is known, then
the vapour pressure of the surrounding air can be expressed as r-e (T),
where T, is the air temperature. Since water vapour is transferred through
plant stomata and air, two resistances—stomatal, r_ and aerodynamical,
r,— should be taken into account. Water vapour flux can then be expressed
in the form of latent heat

pcp es(T)-res(Ty)

L(TDE, = v T (2.6)
S a
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where p is the air density, c¢_is the specific heat at constant pressure,
p is the relative humidity, e_is the saturated water vapour pressure and g
is the psychrometric constant. Since the difference in concentrations at
the end of the stomata and between the stomata and the air is not equal,
then according to Ohm’s law the stomatal, r_ and the aerodynamical, r,
resistances should be treated as a series of connections with equivalent
resistance, equal to the sum of the resistances (r,+ r,).

Sensible heat flux, H from the leaf surface is a consequence of the
temperature difference between the leaf and its environment. Applying
Fick’s law and the resistance representation on sensible heat transfer, this
flux can be written in the form

H=pC 1 _—a (2.7)

Within the thin air layer close to the leaf surface and on the interface
between the plant and the ground, molecular conduction is an important
mechanism of energy transfer. This energy, however, is very difficult to
calculate, and it is common practice to express it as a percentage of net
radiation R .

The duration of radiation is commonly related to the period during
the day when solar radiation can be measured, i.e., the period between
sunrise and sunset. The photoperiod is a period during the day when a
plant or animal is exposed to light. The day length will differ at different
latitudes because of the Earth’s axis tilt. At the Equator, the photoperiod
is constant (day length is 12 h and night length is 12 h), but moving closer
to the poles day and night become longer (up to a 24 h day or a 24 h night
at the poles). Many plant species are photoperiodic, which means that
they will flower only under certain light conditions. According to their
photoperiod sensitivity, plants are classified into three groups: short—day
plants (SDPs), long—day plants (LDPs) and day—neutral plants (DNPs).
SDPs generate response when the day is shorter than the night, LDPs when
the day is longer than the night, while DNPs do not respond to day/night
length changes during the year. When plants react to the balance between
day length and night length, they are programming their development
stages to respond to certain environmental conditions likely to develop
in that period of the year. Plants have chosen this phenomenon over the
annual temperature cycle since it is predictable and consistent from year
to year. Plants detect the light signal on their leaves (absorption of the
photon by a chromoprotein phytochrome) and produce mobile signals
which trigger certain processes leading to the next stage of development.
The most important developing stages triggered by the photoperiod in
light-responsive plants are flowering, tuberization and bud set.
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2.4 Impact of plants on radiation

The presence of vegetation can make a significant difference in the
radiation spectra and the energy balance of the Earth’s surface.

The absorption, reflection and transmission spectra of vegetation are
affected by a series of factors covering its morphological and physiological
characteristics that change—sometimes more, sometimes less—over the
year. Absorption of radiation in the photosynthetically active part of the
spectra (PAR) (0.4 — 0.7 um) is about 90%, and 15—20% in the nearby in-
frared (IR) spectra (0.7 — 2.5 um). Reflectance of radiation by plant leaves
is mostly affected by the presence of atmospheric water (0.7 — 1.9 um) and
by water present in the leaf and canopy structure (0.7 — 1.5 um). Changes
in the absorption and reflection spectra of plants are good indicators of
water content and different degrees of stress and plant health, which find
practical use in the field of remote sensing, for example.

Optical properties of green leaves compiled for PAR, near IR and solar
shortwave radiation are shown in Table 2.2.

PAR NIR Solar shortwave
Reflectance 0.09 0.51 0.30
Transmittance 0.06 0.34 0.20
Absorbance 0.85 0.15 0.50

Table 2.2: Typical optical properties for green (living) leaves.

Moving from the leaf to the canopy level opens up the possibility of
analyzing the impact of plant canopies or vegetation on the energy balance
of the Earth’s surface. For example, under the same atmospheric condi-
tions, the emissivity and temperature of bare soil differ considerably from
those of the vegetation surface, affecting terrestrial longwave radiation.

The intensity of radiation reflected from the surface changes in the
presence of vegetation due to changed surface albedo. In contrast to many
other natural surfaces, vegetation changes its albedo autonomously dur-
ing the seasons, producing differences in reflected PAR and global radia-
tion and, consequently, in surface albedo (Fig. 2.9). The most important
canopy characteristic commonly used to describe this feature is leaf area
index (LAI), which is defined as the surface of all leaves per unit area
of ground surface covered by plants. Monitoring changes in LAI allows
tracking of vegetation and specifically of changes in surface albedo over
the year, and vice versa.
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Figure 2.9: Mean midday (10 to 14h) values of global (SW) and PAR
albedo measured during 2004 above forest at Prospect Hill Tract, Harvard
Forest, Petersham (MA, USA) (Munger and Wofsy, 2017).

Similar values of solar and PAR albedo are typical for the leafless
period when a strong increase in albedo is most likely caused by the pres-
ence of snow. After DOY 120, when leaves appear, PAR albedo decreases
because absorption of PAR increases. At the same time, solar radiation
albedo increases because of the extension of the leaf surface which reflects
radiation. This situation continues until DOY 270, when leaves start to fall
and both albedo values converge toward each other. Low albedo values in
November and December are the result of radiation reflection from steam
and, probably, from wet ground which is not too high.

Plant canopy absorbs radiation very efficiently. From radiation which
enters the closed canopy, after a part of incident radiation is reflected,
less than 10% reaches the ground. This portion, of course, strongly de-
pends on canopy type, density and structure but also on leaf surface and
orientation. Intensity of absorbed PAR greatly changes over the growing
season. When the canopy is fully leafed (maximum LAI), absorption of
PAR by the tree crown can reach 80% (Fig. 2.10). In the Harvard forest,
leaf emergence starts typically in April. Extension of the plant surface
increases absorption of PAR. This is why PAR intensity within the for-
est reaches its maximum level in April and then decreases until October
when all the leaves fall.
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Figure 2.10: PAR monthly mean of midday values measured above and
inside Prospect Hill Tract, Harvard Forest, Petersham (MA, USA) (Munger
and Wofsy, 2017).

Under the same incoming radiation, plant type and canopy structure can
significantly affect radiation balance at the surface (Fig. 2.11). Even during
winter when plants are in hibernation, they affect energy balance components
by their presence and variety specifics. For example, in the case of miscanthus
plants, there is less negative balance because of the lower surface temperatures
of the miscanthus, while in a barley field there is significant soil heat flux to the
surface, producing a more negative balance. Additionally, the ground surface
of a miscanthus canopy is covered with miscanthus leaves, which creates an
insulation layer and reduces thermal emission from the soil surface, producing
lower daily variations of net radiation (Eitzinger and Koessler, 2002).
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Figure 2.11: Daily variation of net radiation balance of miscanthus and
winter barley during 5th to 20th February 1998 in Marchfeld, Austria
(Source: BOKU-Met Weinviertel, Austria).



Chapter 3

Soil and air temperature

The temperature of an object is a measure of the average kinetic energy
of its molecules. Warming and cooling are results of an energy exchange
that causes an increase or decrease in temperature. The rate and magni-
tude of temperature change depend not only on the absorbed or emitted
amount of energy but also on the thermal properties of the object.

Soil and atmosphere make up the plant growing environment, in
which the plant life cycle occurs. Plant temperature is the result of the
radiation balance at the plant surface and the energy exchange with the
surrounding air — mostly by convection and with the soil — by conduction.

3.1 Heat, thermal properties and temperature

Heat is a form of energy. It can be absorbed or emitted by a body,
resulting in a change of temperature.

Thermal properties are related mostly to physical quantities de-
scribing the ability of a body to treat heat: when a body stores heat, we
speak of its heat capacity; when it transfers heat, we are dealing with its
thermal conductivity; and when it transfers temperature changes, we are
concerned with its thermal diffusivity.

Heat capacity, C is a measurable physical quantity numerically equal
to the energy which should be added to or removed from a body in order
to change its temperature by 1 K. Since this definition is body specific, it
is quite difficult to use. Therefore, more specific properties, such as molar,
C, and specific heat capacity, C, are introduced in order to quantify the
heat required to increase the temperature of 1 mol or 1 kg of substance,
respectively, by 1 K. The amount of energy required for a certain tem-
perature change depends on whether energy is added or removed under
constant pressure or constant volume. In the case of an ideal gas, all energy
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added under constant volume is transformed into the kinetic energy of the
gas molecules, leading to a temperature increase. On the other hand, if
energy is added under constant pressure, it will be partitioned into work
for volume increase (in order to keep pressure constant) and the kinetic
energy of gas molecules, i.e. a temperature increase. Hence, to achieve
the same temperature increase, under constant pressure more energy is
required than under constant volume; in other words, heat capacity at
constant pressure, Cp (J kg K‘l)’ is larger than heat capacity at constant
volume, C (J kg*K™). The ratio between these two heat capacities is usu-
ally denoted by g, which for an ideal gas is equal 5/3. In the case of real
gases, g changes slightly with temperature.

p C, K, D,
(103kg m3) (103J kg K™) (Jm'stK?Y) (10°m?3s™)
Air 0.00116 1.007 0.025 21.4
Quartz 2.65 0.84 8.8 3.95
Humus 1.4 1.9 0.25 0.004
Water 1.00 4.22 0.57 0.14
Ice 0.91 2.11 2.2 1.15

Table 3.1: Typical values for density, r, specific heat capacity, C,, thermal
conductivity K, and thermal diffusivity, D,, of some constituents of soils
and geologic formations.

Thermal conductivity, K, is a property of a substance describing its
ability to conduct heat. It is numerically equal to the energy transferred
in 1 s through the volume of unit bases (1 m?) and height (1 m) when the
temperature difference between opposite sites is 1 K.

Thermal diffusivity, D, is the measure of thermal inertia. It is a
material—specific heat property which measures its ability to conduct
thermal energy relative to its ability to store energy. It can be calculated
as the ratio of thermal conductivity, K, and volumetric heat capacity,
VHC where the latter is actually the product of density, p and specific
heat capacity, C,.

Soil is a composite environment, consisting of solids, air and moisture.
In dry state, sandy soil has the highest thermal conductivity. However,
water has much higher heat capacity than soil solids or air (Tab. 3.1).
Because of this, overall thermal properties of soil vary with its moisture
content. Thermal conductivity should always be reported together with
moisture content.
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3.2 Heating and cooling of the soil

Heating and cooling of the soil is the result of the energy balance of
Earth’s surface (see Chapter 2.2). Since electromagnetic radiation cannot
penetrate through soil, a portion of energy left at the surface after re-
flection becomes transformed into heat. Intensive heating of the surface
soil layer and energy conduction govern the soil temperature profile.
Absorption and conduction of energy is greatly affected by surface and
soil characteristics such as colour and roughness, specific heat capacity
and thermal conductivity.

» Colour and roughness: A dark surface has high absorptivity,

which reduces its albedo. A rough surface has a lower albedo than
a smooth surface of the same soil due to intensive absorption
of radiation caused by multiple reflections and to absorption of
radiation on elements of roughness (see, Chapter 2).

e Specific heat capacity: In comparison to water, soil has a lower
heat capacity, resulting in faster heating and cooling of the soil
surface. However, moistening of the soil increases heat capacity.

e Thermal conductivity: Soil wetness affects thermal conductivity.
Energy transfer from the soil surface to deep soil layers, and vice
versa, is more efficient in wet than in dry soils.

Surface temperature, or so—called “skin” temperature, is a key factor
affecting the temperature of the thin overlying part of the atmosphere,
which is responsible for dew and frost formation. Subsurface soil tempera-
ture depends on heating of the surface layer and the soil characteristics
affecting energy transfer. Heating and soil characteristics both change
during the day and year and produce the diurnal and annual cycles of the
soil temperature profile.
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Figure 3.1: Daily variation in soil (grass cover) and air temperature
during the summer 2016 in Goggendorf (Austria) (Source: BOKU—-Met).
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During the day, the surface soil layer attains its maximum tempera-
ture approximately one hour after maximum solar radiation, while its
minimum is reached just before sunrise. However, a time lag in the oc-
currence of maximum and minimum soil temperatures increases with
depth. That time is required for surface layer heating and energy transfer
through the soil column, which greatly depends on the heat capacity of
the soil. Daily variation in soil temperature decreases with depth until
it reaches a constant temperature level (Fig. 3.1). The depth of this level
depends on soil type and wetness, season and latitude. The daily course
of soil temperature has a seasonal pattern, which is particularly evident
at the surface layer (Fig. 3.2).
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Figure 3.2: Seasonal variation in the daily course of soil temperature at 10
cm depth in Ridjica (Serbia) (2013—2017) (Source: PIS Vojvodina, Serbia).

In winter, surface heating during the day is lower than in summer, due
to less daylight and the lower intensity of solar radiation. It produces a
smaller daily variation in soil temperature during the winter and a greater
variation during the summer. Additionally, daily variation in temperature
increases at lower latitudes, due to the intensive diurnal heating and
nocturnal cooling that take place as one nears the Equator. Consequently,
at low latitudes the depth at which constant daytime soil temperature is
achieved is greater during the summer.

Soil temperature (Fig. 3.3) in the Northern Hemisphere reaches its
annual minimum in January and its maximum in July. Over the course of
a year, variation in soil temperature decreases with depth until the level
of constant temperature is reached. Annual changes are the cumulative
effect of daily changes and because of that penetrate much deeper into
the soil than daily variations.
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Figure 3.3: Annual variation in temperature for grass covered soil dur-
ing 2001—2004 in Doksany (Czech Republic) (Source: Mendel University,
Brno).

3.3 Heating and cooling of the air

The mechanisms that govern air heating and cooling are:

« conduction — the process of energy exchange effected by molecules
between the soil surface and the atmosphere with a thin air layer
(usually just a few mm);

» turbulent mixing — the exchange of energy (and substance) be-
tween the soil surface and the atmosphere and between different
atmospheric layers by turbulent eddies within an atmospheric
boundary layer. The thickness of this layer varies during the day,
with a typical value of 1 km;

« convection — the rising of warmer and the descending of colder
air, governed by buoyancy force;

» radiation — energy transfer by electromagnetic waves, which in the
case of the atmosphere is dominated by the absorption of solar and
terrestrial radiation (see Chapter 2.2). The content of the atmos-
phere can significantly affect atmospheric warming by radiation;

« advection — in the atmosphere, this is energy transfer governed
by wind blowing from one region to another and bringing air of
a different temperature;

« evaporation and condensation — phase changes of water in the
atmosphere followed by the release or engagement of energy in
the form of latent heat flux. This heat transfer is an important
source and sink of energy for the atmosphere (23 % of the solar
constant: see Chapter 2.2).
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Figure 3.4: Daily variation of solar radiation, soil and air temperature
in GroB—Enzersdorf (Austria) (Source: BOKU—-Met).

During the day, at the height of a few meters above the ground, air
temperature reaches its maximum 2—3 hours after the time of maximum
solar radiation and 1—2 hours after that of maximum soil surface tempera-
ture (Fig. 3.4). This lag in time is required to produce soil heating by solar
radiation and air heating by soil (and solar) radiation. The measurements
of solar radiation, soil and air temperature presented in Fig. 3.4 are per-
fect examples of this phenomenon. The high intensity of solar radiation
(800 W m at noon) produces intensive soil heating at depths of 2 cm
and 10 cm with a lag in time (the time needed for energy transfer) and
a decrease in amplitude (the amount of energy left in the layer above 10
cm). Air temperature at 20 cm is higher than at 2 m during the day, since
the 20 cm level is closer to the ground surface. At night, however, this
difference disappears and in the case of intensive cooling after sunset can
even be the opposite. We should also note that energy transfer is faster in
air than in the soil: the time lag is therefore shorter and the temperature
difference lower between 20 cm and 2 m when compared to the variance
between these two measurements at depths of 2 cm and 10 ¢cm in the soil.

Daily variation in air temperature depends on: latitude (higher if closer
to the Equator), season (highest in summer), land use (highest in the
case of sandy bare soil or rock), landscape (higher in lowlands), altitude
(higher at lower elevations), cloudiness (higher under a clear sky) and
vegetation cover (higher in the case of bare soil). However, daily variation
in air temperature is lower above a water surface (never exceeding 1.7 °C).

The annual cycle of air temperature follows annual cycle of the un-
derlying surface temperature (Fig. 3.5). The highest annual variation in
maritime air is up to 20 °C, while for places deeper inland it reaches 60 °C.
Annual variation in air temperature depends on: latitude (lower if closer
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to the Equator), land use (highest in the case of sandy bare soil or rock),
altitude (higher at lower elevations), cloudiness (higher under a clear sky)
and vegetation cover (higher in the case of bare soil).

30

—Tsoil

Temperature (°C)
- ] [ae]
w o o

-
(==
T

D 1 1 1 1 1 1 1 1 1 1 1 )

1 2 3 4 5 6 7 8 9 10 11 12
Time (month)

Figure 3.5: Average annual variation in air and soil temperatures for
2005—2011in Elba (Ttaly) (Source: Regional Hydrologic Service of Tuscany).

Marine environments can significantly affect daily and annual varia-
tion in air temperature. Due to the higher heat capacity of water, oceans
accumulate 16 times more energy than landmasses over the year. There-
fore, bodies of water warm up more slowly during spring and summer
and cool down more slowly in autumn and winter. During the winter,
air temperature above water and above land regions affected by bodies
of water is always warmer than above areas farther inland; on the other
hand, this temperature is cooler in summer, with much smaller daily and
annual variations (Fig. 3.6).

3.4 Impact of soil and air temperature on plants

Soil temperature and growth. From sowing till harvesting, heat and/
or temperature are catalysts of many physiological processes governing
plant development. Soil temperature affects plant growth directly and
indirectly. In the case of crops, direct impact occurs through the effects of
environmental temperature on germination and emergence of crops. For
every species there is an optimal soil temperature for seed germination.
At that temperature, the maximum number of seeds will germinate in the
shortest time. The minimum temperature for germination of a cereal crop
is 4 °C and the preferred temperature is 20 °C. Indirect effect is the result
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Figure 3.6: Annual variation in air temperature during 2011 in Elba
(Ttaly) and Rimski Sancevi (RS) (Serbia) (Source: Regional Hydrologic
Service of Tuscany and Republic Hydrometeorological Service of Serbia).

of soil temperature impact on root growth and water and nutrient uptake
from the soil. Soil cooling decreases the rate of physiological processes
while increasing the risk that the future plant will lack proper vigor. Act-
ing together, soil temperature and humidity initiate and determine the
germination of crops, the budding of trees and the emergence of leaves
in a forest. The lower soil temperature thresholds for the germination of
some crops are shown in Table 3.2.

Type Minimum (°C) Optimum (°C) Maximum (°C)
Barley 3—4 20 28-30
Rye 1-2 25 30
Wheat 3—4 25 30—-32
Sunflower 3 28 35

Corn 8-10 32-35 40—44

Table 3.2: Germination threshold soil temperatures of some major crops.

Air temperature and growth. In accordance with the typical pro-
cesses of their development, the life cycle of living organisms is divided
into growth stages. In general, the start of these phases is triggered and
their duration limited by temperature. Typical temperatures, which are
usually associated with plant production but completely applicable to
all living organisms, are cardinal (base, optimum and ceiling point) and
lethal (minimum and maximum) temperatures. The difference between
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these two ranges regards a plant’s potential for recovery. With regard
to the range of cardinal temperatures, a plant can revive even if out of
the optimum range. By contrast, if the temperature is beyond the lethal
limits, recovery is not possible. Both cardinal and lethal temperatures are
specific to species, growing stage and locality. In the remainder of this
chapter we will refer to plants, but the same reasoning can be applied to
all living organisms.

Cardinal temperatures (Tabs. 3.3 and 3.4) are defined as follows:

a. base temperature is the lowest temperature at which metabolic
processes result in a net substance gain;

b. optimum temperature refers to the range of temperatures between
the top (upper threshold) and the bottom (lower threshold). The
optimum temperature provides favorable conditions for plant
development. The lower threshold temperature is the minimum
temperature required for growth stage initiation. At temperatures
below the lower threshold, plant growth is interrupted. After the
temperature rises above this minimum, a plant continues to grow
without damage or yield losses;

c. ceiling point temperature is the so—called failure temperature,
at which grain yield falls to zero. This temperature is above the
optimum but below the maximum lethal temperature.
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Lethal minimum -17.2 -20
Lethal maximum 47.5
Cardinal -1.0 3.0 20> 35 -1.3 15 95 9.2
Optimum 22.0 20.3 <16.3" 22.0 49 10.6 21.0 20.7
Failure point T, 24.0 >20.9 >25.0° 32.7 15.7 >20.0 31.0 35.4

Table 3.3: Air temperature thresholds (°C) for wheat. With superscript
“b” are denoted soil temperature values (Porter and Gawith, 1999).
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Lethal maximum and minimum temperatures (Tabs 3.3 and 3.4)
refer to critical temperatures beyond which a particular plant cannot re-
cover. If air temperature—i.e., the plant temperature—crosses either lethal
threshold, the plant will wither away or experience significant damage.
Cold (or low—temperature) stress, either in the form of chill (0—15 °C)
or frost (below 0 °C), is one of the major environmental factors affecting
crop growth and productivity. For all plants, temperatures below 0 °C are
critical because of water freezing in the plant tissue.

Lethal

Crops minimum Cardinal Optimum Failure point T
-17.3 ~
Barley Z12.9
33 ~ 38 (leaf
Maize photosynthesis 3ﬁ (TLms%p,
rate) pollen viability)
22 (leaf
appearance rate,
ate of progress to
7 (leaf appearance . A
rate, rate of a;(t)}t(fsésf)
p;gtgﬁgzisst)o photosynthesis)
Tomato 6-8 (leaf 26 (fruit 35° (vegetative
hotosynthesis) development and growth)
P 5 7}Efruit maturation)
development and 22725 (individual
matﬁration) fruit growth rate)
17 ~ 18 (fruit size)
< = 26 (fruit set
rate)
26 (Time to 39 (lethal, single
6 (time to anthesis) seed growth rate,
anthesis) 23 (post—anthesis, seed size, Seed
Sovbean 13.2 (pollen SSGR, S8, yield) harvest index)
Yy germination) 30.2 (pollen 47.2 (pollen
12.1 (pollen tube germination) germination)
growth) 36.1 (pollen tube 47 (pollen tube

growth) growth)

Table 3.4: Air temperature thresholds (°C) for different crops. Super-

script “a” denotes cardinal temperatures which can be applied to other
phenophases (Luo, 2011).

Since only water increases its volume as its temperature decreases,
ice has a larger volume than water. As it forms, ice damages plants from
the inside. But for some plants, even temperatures far above o °C can be
critical and cause chill injury. More about cold impact on plants can be
found in Chapter 9.3, which discusses frost and its effects.
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At temperatures above the upper threshold, plant development is
interrupted and in some cases injury can be expected. Heat stress is de-
fined as the rise in temperature beyond a critical threshold for a period
of time sufficient to cause irreversible damage to plant growth and devel-
opment. The scale of damage depends greatly on the plant growth stage,
the duration of high temperatures, the variation in daily temperature
and the rate of temperature change. A number of experimental studies
have found that the effects of high temperatures are greater if the plant
is exposed to high daily temperature variation and with sudden rather
than gradual temperature increase (6 °C h, for example). The effect of
high temperatures with respect to the growing stage is plant specific. In
the case of wheat, for example, the effect of exposure at pre—anthesis on
grain yield is greater than at post—anthesis. In extreme cases, up to 97%
of variation in yield can be attributed to differences in grain number
per square meter, which is closely related to a maximum temperature
during the 4—day period in which 50% anthesis is reached. Air tempera-
tures above 30 °C are particularly dangerous for maize 8—10 days after
anthesis, reducing grain sink strength and yield. Soybean growth under
high temperatures (30—38 °C) in comparison to a lower temperature
regime (22—30 °C) can lead to a 34% reduction in pollen production, a
56% reduction in pollen germination and pollen tube elongation of 33%
(Salem et al., 2007). Soybean seed yield at harvest maturity appears to
be particularly sensitive to high temperatures at the late flowering/early
pod filling stage. Researchers have recorded a yield reduction of 29% for
a 10 °C increase over an eight—day span during this period (Ferris et al.,
1998). If tomatoes are subjected to high temperatures (26—32 °C) during
their growing season, the number of fruits per plant can be reduced by
90% compared to growth at moderate temperatures (22—28 °C).

Growing degree

Crop (variety, location) Base temperature days to maturity
Beans (Snap, South Carolina) 10.0 650—-705
Corn (Sweet, Indiana) 10.0 1200—-1500
Cotton (Delta Smooth leaf, Arkansas) 15.5 1040-1380
Peas (Early, Indiana) 4.4 600-650
Rice (Vegold, Arkansas) 15.5 930-1150
Wheat (Indiana) 4.4 1150—1320

Table 3.5: Accumulated degree days during growing period of different
plants (Ahrens, 2010).
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Accumulated degree days (DD) or growing degree days (GDD) are
commonly used to describe the requirements of a living organism for heat
but also to assess the rate of organism development under certain thermal
conditions. For a given plant and growing stage, DDs are equivalent to the
energy required for completing the “full package” of processes typical for
a specific stage. This measure represents the sum of temperature differ-
ences between the average daily temperature and the base temperature
(T,) (Tab. 3.5). In plant production and protection, DDs are a common
tool for assessing the developmental dynamics of plants and harmful
organisms, for scheduling management activities such as irrigation, fer-
tilization and sampling for pests and diseases, and for taking protective
actions. The “Numerical examples” explains more about DD calculation.

Plant temperature and growth. The energy balance of the canopy and
the resulting plant temperature are affected by plant type and growth stage
as well as by the morphological and aerodynamic characteristics of the
canopy (LAI, vegetation cover, roughness length, displacement height).

Plant type and growth stage affect plant temperature mostly through
sensible and latent heat fluxes (the evapotranspiration rate). Adapting to
its environment, a plant develops the size and angle of its leaves (which
affect incoming solar radiation and outgoing sensible heat flux) as well as
its stomata resistance (affecting transpiration). These characteristics all
significantly affect canopy energy balance. Additionally, during the phase
of intensive growth and biomass production, a plant tends to increase its
rate of all exchange processes, especially transpiration.

The morphological and aerodynamic characteristics of canopy, such
as LAI and vegetation cover (the portion of land covered by plants), af-
fect energy partitioning by increasing bare soil fluxes for small LAI and
vegetation cover. On the other hand, large LAI values increase latent heat
flux in the energy balance equation. Roughness length and displacement
height are aerodynamic characteristics of the canopy; they are described
in more detail in Chapter 6.

For different plant canopies and plant structures, different tempera-
tures can be expected under the same incoming radiation. More impor-
tantly, plant temperature can significantly differ from air temperature,
even more so as the latter increases. In the course of the day, differences
in air temperature within and above the canopy can also be significant.
Leaf area development over the seasons plays an important role in caus-
ing this difference (Fig. 3.7). During winter, when trees are leafless, tem-
perature difference is a result of the common variation of the vertical air
temperature profile. In July, when a forest is fully leafed and the crown
behaves as a barrier between the free atmosphere and the forest canopy
air space, daily courses of air temperature are almost parallel, indicating
negligible mixing between these two environments.
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Figure 3.7: Daily variation of average air temperature (1991—2015) within
and above canopy at Prospect Hill Tract, Harvard Forest, Petersham (MA,
USA) (Munger and Wofsy, 2017).

Plant physiological processes and temperature. According to van
Hoff’s rule, the rate of chemical processes doubles with each 10 °C tem-
perature increase. In the case of plants, this rule holds until the upper
threshold temperature is reached. Beyond this temperature, some process-
es are diminished or interrupted. The most important plant physiological
processes governed by temperature are photosynthesis, dissimilation,
transpiration and the assimilation of nutrients.

Photosynthesis. Occurs in chloroplast where a plant manufactures its
food. Using water and nutrients from the soil and CO, from the air, in the
presence of chlorophyll and solar radiation (PAR) a plant produces sugars,
starches, carbohydrates and proteins, and releases O,. The intensity of
photosynthesis is greatly affected by temperature and PAR intensity. An
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important feature of this process is saturation. At a certain PAR intensity,
a threshold temperature is reached corresponding to a break in the rate
increase. An increase in air temperature beyond the threshold causes a
decrease in the photosynthetic rate.

Respiration. Using O, from the air, a plant converts sugars into en-
ergy, releasing CO, and water. Respiration occurs in the dark as well as
in the light, and its rate increases with temperature. The consumption
of the photosynthesis products during respiration reduces plant growth
potential. During the day, photosynthesis overcomes respiration if the
temperature is below critical (Fig. 3.8). Above this temperature, losses
of photosynthesis exceed production, interrupting growth and reducing
plant biomass.

Growth
potential

Photosynthates produced
in photosynthesis

Rate of life processes

Photosynthates used
in respiration

4.4 355
Temperature (°C)

Figure 3.8: Example of temperature impact on the rate of photosynthesis
and respiration.

Assimilation of nutrients. Soil temperature can significantly influence
the movement of water and nutrients from the soil through the root system
by affecting the hydraulic conductance of the soil and root permeability.
The most important root functions, water and nutrient absorption, are
temperature mediated. Temperature affects both passive and active wa-
ter absorption by increasing permeability of the cell membrane as well
as metabolic activity. A temperature increase from 13 °C to 28 °C causes
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water absorption by the root to double. A temperature increase from 5 °C
to 22 °Cis accompanied by a sevenfold increase in water uptake by the pea.
An increase in crop root decreases hydraulic resistance; it also increases
water uptake and exudation and the extrusion of osmotically active sub-
stances. Studies of the influence of temperature on nitrogen uptake sug-
gest that ammonium is absorbed more readily than at low temperatures.
An increase in K content is found with the increase in temperature. The
same holds true for phosphorus and other nutrients.

Transpiration. It governs the process of water exchange between the
plant interior and the atmosphere through the stomata, which control
mineral uptake and transport, turgor pressure and plant cooling. Each
step in this process is greatly affected by soil or air temperature. However,
the most profound impact is related to stomata resistance and water defi-
ciency of the surrounding air. At high plant temperatures and under dry
air conditions, plant stomata tend to be more closed and increase their
resistance in order to reduce water losses by plants. This subject will be
discussed in more detail in Chapter 4, which is devoted to air humidity.

3.5 Impact of vegetation on soil and air temperature

Vegetation affects soil and atmospheric surface layer structure as well
as the energy balance of the ground surface; hence it affects both soil and
air temperature. The root systems of vegetation change soil structure and
therefore its thermal and hydraulic characteristics. The appearance and
growth of vegetation during the season introduces a new entity into the
atmospheric surface layer—canopy air space. Changing its morphologi-
cal and aerodynamic characteristics on a daily basis, canopy air space
is the atmospheric lower boundary, with energy and turbulent transfer
characteristics that differ greatly from the canopy atmosphere above. It
is a significant source and sink of heat, water and momentum, whose
presence affects the energy and water balance of the atmosphere and
increases friction and buoyancy.

From the point of view of soil and air temperature, the most important
impact of canopy air space is that on energy balance; this occurs through:

« changing the partitioning of energy components by reducing

soil heat flux and reflected radiation (the albedo depends on the
vegetation season), and

« introducing the short— and long—wave radiation which is reflected

and absorbed by plants, the sensible and latent heat flux exchange
between plant surface and the surrounding air, and the emission
of long—wave radiation by plants.

Soil, plant and within—canopy air temperatures are the result of energy
balance at the canopy top, the canopy air space and the ground surface. In
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Figure 3.9: Vertical profile of average canopy air temperature during
the day (06:00-18:00) and night (21:00-04:00) in June (1991-2015) at
Prospect Hill Tract, Harvard Forest, Petersham (MA, USA) (Munger and
Wofsy, 2017).

contrast to the soil, electromagnetic radiation can penetrate through the
canopy top. Intensively attenuated over canopy height, soil surface reaches
only 2—10 % of incoming solar radiation and heats it up. Significantly, re-
duced soil heat flux (in comparison to bare soil), combined with permanently
changing soil structure and vegetation—related conditions on the ground
surface, decreases soil temperature and its daily and annual variation.

Within the canopy, most solar radiation is absorbed by vegetation
elements and used for plant warming and photosynthetic processes. This
absorption produces a decreasing vertical air temperature profile for the
canopy from top to bottom (Fig. 3.9). At night, when only long—wave ra-
diation contributes to the energy balance, the Earth’s long—wave radiation
commonly overcomes atmospheric radiation, producing a temperature
profile opposite to its daily course. Higher temperatures can be found
closer to the ground, while at the canopy top air temperature reaches its
minimum, because of intensive radiation.

The presence of vegetation reduces daily and annual variations in air
temperature. A reduction in vegetation density and height increases an-
nual variation in soil temperature, while producing a much lesser impact
on air temperature amplitude. However, slight differences in extreme air
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temperatures may still be noticed. For example, over the years it is quite
common for higher variations in daily temperatures to be measured in
orchard canopy than in crop canopy (Fig. 3.10).
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Figure 3.10: Variation of daily maximum and minimum air temperatures
in apple orchard (Cenej, Serbia) and crop canopy (Kac, Serbia). (Source:
PIS Vojvodina).






Chapter 4
Air humidity

Air humidity is a result of the atmospheric water cycle. As a conse-
quence of numerous phase—changing processes, water transforms from
ice to liquid, from liquid to water vapour and vice versa, providing sources
and sinks of water in the atmosphere. The role of plants in the atmospheric
water cycle is as important as the role of water in the plant life cycle.

4.1 Quantifying air humidity

Variables commonly used to describe air humidity are: (i) water
vapour pressure, (ii) saturation water vapour pressure, (iii) vapour pres-
sure deficit (VPD), (iv) dew point temperature, (v) relative humidity, (vi)
specific humidity and (vii) absolute humidity.

Water vapour pressure (e). In a gas mixture, as in the atmosphere,
water vapour pressure is the partial pressure of water vapour when equilib-
rium with ice or liquid water is established. This depends on the amount of
water vapour in the atmosphere, temperature and atmospheric pressure.

Saturation water vapour pressure (e ). If the amount of water vapour
in the air is enough to initiate condensation at a given temperature, then
the air is saturated and the water vapour pressure in the air reaches its
saturation value. This depends only on temperature.

Vapour pressure deficit (VPD). The difference between saturated
and unsaturated water vapour pressure at a given temperature is com-
monly used to describe the dryness of air, i.e. how much additional water
vapour (expressed in pressure units) moist air can hold before becoming
saturated.

Dew point temperature (T,). If the air is saturated, its temperature is
called the dew point temperature because any further temperature drop
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causes condensation and dew formation. This temperature varies accord-
ing to atmospheric pressure and humidity.

Relative humidity (r). Commonly used to describe air humidity with
respect to saturation, it is defined as the ratio of water vapour pressure
to its saturated value at a given temperature.

Specific humidity (q) and absolute humidity (a). The mass of water
vapour in a unit mass or unit volume of humid air is used to define specific
humidity (g kg™) or absolute humidity (kg m3), respectively.

Annual and diurnal variations in energy balance as well as air and soil
temperature affect the water cycle and therefore air humidity variations.
Typically, water vapour pressure and relative humidity variations are
analysed on different time and spatial scales.

Location—maritime or continental-determines vapour pressure
diurnal variation. Above an open water surface, which is an unlimited
source of water vapour, it is in accordance with the variation in air tem-
perature which governs the water vapour supply through evaporation.
Consequently, in maritime conditions (and in continental conditions
during winter) the water vapour pressure maximum is at 2 pm and the
minimum at sunrise. During the summer, far inland at mid—latitudes,
diurnal variation of water vapour pressure has two minimums (4 am and
3 pm) and two maximums (9 am and 9 pm). What causes this phenom-
enon? In the morning, just before sunrise (4 am), the energy balance of
the Earth’s surface and the air temperature are at their daily minimums,
leading to a minimum of evaporation and a minimum of water vapour
supply to the atmosphere. As incoming energy increases, the intensity of
evaporation and the amount of water vapour in the air above the evaporat-
ing surface also increase. During the first few hours after sunrise, when
vertical transfer is still quite weak, accumulation of water vapour takes
place, increasing its pressure to the maximum value, usually at 9 am.
At midday, the surface and air warm up significantly, thereby enhanc-
ing the vertical (turbulent) transfer of water vapour and reducing it to
the minimum level, which coincides with the maximum of atmospheric
turbulent transfer in the early afternoon (3 pm). As vertical transfer de-
creases towards sunset, accumulation of water vapour takes place again,
producing the second maximum of water vapour pressure (9 pm), even if
the intensity of evaporation drops due to a decrease in incoming radiation
and in surface and air temperatures. On an annual scale, water vapour
pressure is in accordance with air temperature variation.

Diurnal variation of relative humidity is a direct consequence of the
definition of relative humidity and the fact that saturation water vapour
pressure depends only on air temperature. For this reason, diurnal (Fig.
4.1) and annual (Fig. 4.2) variations in relative humidity are inversely
proportional to temperature variation. Figure 4.1 illustrates some of the
points discussed in the previous paragraph regarding daily changes in air
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humidity. At night, differences between air humidity within and above
the canopy are not significant. After sunrise, the relative air humidity at
a height of 2 m begins to decrease due to the increase in air temperature;
by contrast, at 20 cm humidity continues to increase even when the air
temperature at this level begins to rise. This is the result of intensive
evaporation of the ground (and potentially formation of dew), which can
greatly increase air humidity in the plant canopy in the morning, thereby
overcoming the effect of temperature on relative humidity.

35 r

Temperature (°C)
—y —y [ %] (3]
o w o [4.]

Air humidity (%)

w

[=]

5 L 03/05 04/05 05/05 06/05 07/05 08/05

—Airtemp 2m [*C] —Airtemp 20cm [°C] - Alrhumidity 2 m [%]  +=+ Air humidity 20 cm [%]

Figure 4.1: Daily course of air temperature and relative humidity in
presence of grass in May 2011 in GroS8—Enzersdorf (Austria) (Source:
BOKU—-Met).

Global air humidity distribution is determined by the distribution of
the Earth’s heat zones and by atmospheric global circulation. Due to the
high intensity of evaporation at low latitudes close to Equator, relative
humidity is high over the year, decreasing toward the north and south up
to 30° latitude. At the poles, because of low temperatures, the maximum
water vapour pressure is very low and therefore relative humidity is high.

4.2 Processes following the water cycle

Water is a triatomic polar molecule. Whether it is found as ice, lig-
uid water or vapour is determined by the balance of attraction between
the molecules and their kinetic energy. The attraction of intermolecular
forces acts to keep molecules close to each other, as occurs in the water
ice phase. However, an increase in kinetic energy (directly proportional
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Figure 4.2: Anual course of air temperature and relative humidity during
2015 on Rimski Sancevi (Serbia) (Source: Republic Hydrometeorological
Service of Serbia).

to temperature) enables molecules to move more freely and water phase
changes to liquid or vapor.

Evaporation is the physical process in which molecules overcome
intermolecular forces in liquids and start to move freely in the space above
the liquid surface. At temperatures above absolute zero (0 K = -273.15
°C), there is always ongoing evaporation. Depending on available kinetic
energy, i.e. the temperature of the liquid, this process will be more or less
intensive. Energy needed to evaporate 1 kg of water at a constant tempera-
ture is called the latent heat of vaporization; it varies from 2264.76 kJ kg
(at 100 °C) to 2500 kJ kg™ (at 0 °C). The intensity of water evaporation is
often related to the vapour pressure deficit (VPD), i.e. the ability of sur-
rounding air to “accept” additional water molecules. The common conclu-
sion is that when air is saturated and VPD is zero evaporation cannot take
place—but this is not quite correct. Specifically, when the air above a liquid
surface is saturated, molecules can leave this surface and evaporate, but
some other molecule, with lower energy and close to the liquid surface,
will be captured by surface molecules and transformed to liquid, giving
rise to condensation. This means that evaporation and condensation are
continuous processes: the difference between the number of molecules
leaving and those returning to the liquid determines whether we are deal-
ing with an evaporation or condensation process.
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Under constant pressure and in a specific volume, the probability of
aggregation with other gas molecules increases as average kinetic energy
(temperature) decreases. This explains why maximum vapour pressure,
i.e. the number of molecules required for condensation at a certain tem-
perature, decreases with temperature and depends on temperature only.
By contrast, under constant temperature an increase in atmospheric
pressure reduces the mean free path of molecules and increases the prob-
ability of collisions, i.e. the intensity of condensation. Of course, the same
effect occurs if, under constant air temperature and atmospheric pressure,
water vapour is added.

Depending on the mechanism of the water—to—liquid transformation
involved, condensation can occur as homogenous or heterogeneous. Ho-
mogenous condensation takes place in pure, supersaturated air without
solid boundaries. Heterogeneous condensation, commonly found in the
atmosphere, starts on small particles (typically 0.2 mm in diameter) called
condensation nuclei. Condensation nuclei, such as dust, black carbon,
sea salt, volcanic products and phytoplankton, have a different composi-
tion but are always hygroscopic, meaning that they can take up water at
humidity levels well below saturation. Droplets formed on condensation
nuclei play a major role in the formation of haze at a relative humidity
as low as 70%.

Melting. The solid state of matter is characterized by the presence of
intermolecular forces much stronger than the kinetic energy available for
work against these forces. Solids retain fixed shape and volume. Melting
is a physical process which occurs when the energy added to a solid state
system is enough to overcome intermolecular forces and form a liquid
state. The inverse process is freezing: as a result of removing energy
from liquid, the kinetic energy of molecules is reduced and attractive
intermolecular forces become dominant, forming a solid state. However,
when a solid state turns directly into gas, this physical process is called
sublimation. In the literature the same term is used to describe the op-
posite process as well.

4.3 Atmospheric evaporation and condensation

The Earth’s surface is a permanent source and sink of energy and
humidity for the atmosphere.

Evaporation from an open water surface is caused by net radiation, air
temperature, humidity. It is also influenced by the wind, which reduces air
humidity and increases the removal of water molecules from the surface,
i.e. increases the intensity of evaporation.

Evaporation from bare soil is affected by the same meteorological
conditions as evaporation from an open water surface, but also by soil
characteristics such as: soil moisture, type and structure, salinity and
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the presence and level of groundwater. If soil is saturated with water, the
intensity of evaporation reaches its maximum under given meteorological
conditions; this is called potential evaporation.

Vegetation gives off water into the atmosphere as a result of two pro-
cesses: the physical process of evaporation from the vegetation surface and
the physiological process of transpiration, which is actually the diffusion
of water vapour from the plant interior to air space through the stomata.
A common name for evaporation from a plant surface and transpiration
from its interior is evapotranspiration; this phenomenon will be explained
in more detail in the sections below. If the ground surface is fully covered
by plants and if there is no water deficit in the soil, evapotranspiration
reaches its maximum intensity with respect to actual meteorological
conditions: this is called potential evapotranspiration.

Condensation, followed by the release of the latent heat of condensa-
tion, is a powerful source of energy for the atmosphere. Condensation of
water in the air occurs when:

a. moist air flows over a colder surface, cooling significantly as it

comes into contact with cold objects;

b. air temperature decreases due to intensive irradiation of an un-
derlying surface;

c. the mixing of warm and cold air masses occurs;

d. airisforced upward, greatly reducing its temperature due to pres-
sure decrease, while keeping the initial amount of unsaturated
water vapour. At a certain point, air will cool enough to reach
the dew point temperature for a given amount of water vapour.

Products of condensation — fog. Fog is a result of water vapour con-
densation in the near—surface air. When small water droplets or ice crystals
are suspended in the air, visibility is reduced to 1000 m in the case of avia-
tion fog, to 180 m in the case of thick fog and to 50 m in the case of dense
fog. Fog is commonly called a (stratus) cloud on the Earth’s surface, since
the mechanism of its production is very close to that of cloud formation.

Depending on whether a process leads to condensation or near—con-
densation conditions (a difference between air and dew point temperatures
of less than 2.5 °C), different types of fog are produced.

Aduvection fog is the result of the horizontal transfer of warm moist
air over a much cooler land or water surface, which causes it to cool below
its dew point temperature. This type of fog is often found above a cold
water surface. In addition, when cold air moves over a warm and moist
surface, steam fog can be formed. In some areas of the world, advection
fog in particular is a significant source of water, which has given rise to a
new technique called fog harvesting.

Evaporation fog appears when cool air lies above a warmer water
surface. In this case, water evaporates into cold air and increases its water
vapour content, resulting in more pronounced condensation conditions.
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Radiation fog is the result of condensation which takes place in
near—surface air due to the Earth’s nocturnal cooling; it usually occurs
under a clear sky and during calm winter nights. This fog dissipates after
sunrise when the ground sufficiently warms, but the presence of inversion
prolongs the duration of fog.

Frontal fog is related to changes in atmospheric condensation condi-
tions due to the presence of frontal zones or a front passage. Fog appearing
before a warm and after a cold front passage is called precipitation or rain
fog. It is associated with light precipitation falling into cold stable air in a
frontal zone, raising water vapour content and therefore the dew point of
air. During a front passage, the mixing of warm and cold air masses leads
to condensation conditions.

Upslope fog is formed when moist air is forced to rise by a steep hill
or ridge. As a result, air cools to its dew point temperature, producing fog
and clouds on the upwind side of the mountain range.

Radiation Fog

REGIENTLEL
cooling/saturation

L

Radiation Fog: Valley Type

Cooling/saturation

» -

Cooler/saturation

Figure 4.3: Types of radiation and advection fog.

4.4 Impact of air humidity on plants

Plants are very sensitive to air temperature and humidity variations.
Both high and low air humidity affect plant development, pollination,
disease resistance and final yield.

High relative humidity reduces the intensity of transpiration and can
even stop it. Of course the slightest reduction of humidity produced by
a light wind, for example, initiates the process again. Low transpiration
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brings higher turgor pressure in plant cells, which increases pressure on
the elastic cell walls, causing cell expansion. This is one of the reasons for
the intensive growth of tropical plant leaves. Pollination is highly sensi-
tive to air humidity. High relative humidity can reduce pollen dispersal to
distant locations. Warm and humid conditions are the ideal environment
for the development of many different plant diseases as well as of some
pests (thermophile insects) and weeds (crop—competing plants).

Low relative humidity increases stomata resistance and therefore
decreases gas exchange between plants and their environment, decreas-
ing the intensity of some of the most important physiological processes,
such as photosynthesis and transpiration. In the case of low humidity,
even irrigation effects are reduced. Specifically, under the same air tem-
perature and photosynthetically active radiation (PAR) intensity, a lower
yield is obtained if water for growth is provided by irrigation rather than
precipitation. The reason is air humidity. The impact of irrigation on air
humidity is much less pronounced than is the case with precipitation.
Hence, even if irrigation provides enough soil water for normal plant
growth, the negative effects of dry air are still present.

Drought is the phenomenon caused by and related to a lack of water
(vapour or liquid) in the air and/or in the soil; it has the most profound
impact on plant growth. Drought is an event (not only weather) follow-
ing a period of inadequate or no precipitation over an extended period
of time which creates a soil and air moisture deficit and a severe water
balance disturbance. Drought is not the same as water scarcity, that is, an
excess of water demand over available supply (Donald A. Wilhite, 2000).
Drought severity is also difficult to determine, as it depends not only
on the duration, intensity, timing and geographical extent of a specific
drought episode but also on the demands made by human activities and
by vegetation on a region’s water supplies (Blain, 2012).

Drought differs from other natural hazards (e.g., floods, tropical
cyclones, and earthquakes) in many ways. First of all, it is a “creeping”
phenomenon (Gillete, 1950) that slowly sneaks up and impacts many
sectors of the economy, operating on many different time scales. It is
characterized in this way because its effects accumulate slowly over a
long period of time and because it is difficult to determine the onset and
the end of a drought episode (this is an objective of drought monitoring
systems (DMS)).

Naturally, drought might have a specific definition in relation to a
certain region and a certain type of human activity. In the first case, each
region has specific climate characteristics, while in the second, agricul-
ture, for example, could be the principal economic sector to be affected by
drought, because soil moisture supplies are usually exhausted quickly. The
impact of drought on crop yield may vary from crop to crop—from maize to
wheat, for example—because of their different planting and growing times.
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There are numerous classifications of drought based on: a) the system
and source of available water; b) its time of appearance and duration; c)
the medium of its cause.

According to the system in case and source of available water, drought
can be meteorological, hydrological, agricultural or socioeconomi-
cal, following the most common classification of its types (Wilhite and
Glantz,1987).

Meteorological drought is related to a deviation of air temperature
and precipitation from normal values (30—year averages) during a specific
period (month, season or year). However, the parameters selected and
criteria chosen for the definition of meteorological drought depend on the
climate characteristics of a particular region. If a climate is characterised
by seasonal precipitation patterns, then deviations in the amount, intensity
and distribution of precipitation are measures of precipitation deficit and
drought. However, in regions regularly supplied with precipitation, like
the west coast of Scotland, which has an average annual precipitation of
3000 mm during 250 rainy days, an increase in the number of consecu-
tive days without precipitation is a measure of drought. With respect to
severity, meteorological drought is classified according to the recorded
precipitation during the period in question as follows: slight (11 — 25%
less than the long—term average), moderate (25 — 50% less) and severe
(more than 50% less).

Hydrological drought is determined by the propagation of meteoro-
logical drought through the terrestrial hydrological cycle: it is therefore
influenced by the properties of the hydrological cycle (Van Lanen, 2006;
Vidal et al., 2010). This type of drought is expressed as the reduction in
the amount of water in rivers, streams and lakes and also as ground water
depletion. It appears with a certain time lag with respect to meteorological
drought and affects both the power industry and agriculture. The impact
of hydrological drought is not very easy to determine compared to that
of agricultural drought: for example, a precipitation deficit is soon vis-
ible in a crop system, while the impact of this deficiency on groundwater
level or reservoir levels may not affect hydroelectric power production or
recreational uses for many months.

Agricultural drought occurs when air and soil moisture are inadequate
to meet current plant water demand. Plant water demand depends on me-
teorological conditions, plant type, growing stage and soil characteristics
(physical, chemical and microbiological). Agricultural drought should
therefore be considered as a plant—specific event. More about agricultural
drought and the different indices commonly used to describe the intensity
of drought can be found in Chapter 9.

Socioeconomic drought is a result of meteorological, hydrological and
agricultural drought (one of these or their combination) and appears when
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demand for an economic good exceeds supply as a result of a weather—
related shortfall in water supply (Wilhite, 2005).

According to Thornthwaite, with respect to the time of its appearance

and its duration, drought can be classified as:

e permanent—appears in regions with an arid climate where an
inadequate amount of precipitation results in crop production
becoming dependent on irrigation;

« seasonal- usually caused by large—scale seasonal circulation in
regions with clearly defined wet and dry periods during the year
(monsoon areas, for example);

« contingent — the result of high variability in the amount and inten-
sity of precipitation, typical for regions of humid and sub—humid
climates. If it coincides with the growing season of crops, it can
produce significant yield reduction.

Drought can also be classified as atmospheric or soil drought. Atmo-
spheric drought occurs when air humidity is very low. It is commonly the
result of high temperatures and a reduced amount of precipitation, but
not necessarily. When the quantity of precipitation is normal, this type
of drought can be caused by strong warm winds, which increase the va-
pour pressure deficit in the air. A good example is Sukhovey wind, which
typically blows in the Caspian region and in Kazakhstan. This is wind of
moderate speed (5 — 20 m s*), accompanied by high temperatures (20
— 25 °C) and low relative humidity (less than 30 %). During the growing
season it can trigger excessive evapotranspiration and significant water
stress in plants. If atmospheric drought lasts long enough, it produces a
significant reduction in soil moisture content, initially in the surface soil
layer but afterwards spreading deeper into soil, affecting the root zone of
crops—this is soil drought.

Leafwetness refers to the presence of liquid water on the leaf surface.
There are three sources of water for the surface of leaves: (i) precipitation
(interception), (ii) overhead irrigation and (iii) dew. Three quantities
commonly used to describe leaf wetness are the amount of water retained
per unit leaf area, the portion of the leaf covered by liquid water and the
duration of leaf wetness. These leaf wetness properties depend mostly
on plant specific characteristics (leaf area and angle, surface wettabil-
ity) and meteorological conditions, and can significantly affect the water
balance of individual plants and canopy. The maximum amount of water
which can be retained per unit leaf area before it starts to drip off varies
among species, ranging from 0.1 to 500 ml m. Plants can benefit from
low as well as high water retention, i.e. leaf wetness. For example, low
water retention improves water balance under dry conditions by allowing
water to easily reach the soil before it evaporates from the plant surface.
On the other hand, in the case of excessive rain, interception can delay



AGRICULTURAL METEOROLOGY AND CLIMATOLOGY 69

precipitation inflow to the soil and provide optimal partitioning of water
balance components. For many pathogens (apple scab, cedar apple rust,
late blight potato, tomato early blight, etc.), the duration of leaf wetness
plays a crucial role in the development of the pathogen infection rate.
Since water evaporates from the wet leaf surface as from any other
open water (or water—covered) surface, air temperature and humidity
as well as wind speed predominantly affect water removal from the leaf
surface. It is important to note that a plant surface covered with water
is not available for transpiration because retained water covers stomas
and actually affects gas exchange between plants and their environment.

4.5 Impact of plants on air humidity

Plants can affect air humidity directly and indirectly. Directly, plants
act as a source of water vapour coming from the plant interior (transpira-
tion) or the plant surface (evaporation of water retained on the surface).
Therefore is relative humidity measured in plant canopy commonly
higher than above bare soil or meteorological shelter particularly during
summer (Fig. 4.4).

Section 4.2 introduced the processes of transpiration and evapotran-
spiration. These processes are so important for plants as well as for the
atmosphere that they deserve more attention. Since it is quite difficult to
distinguish water vapour flux by transpiration from that by evaporation, in
the remainder of the text only evapotranspiration (ET) will be considered.
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Figure 4.4: Daily course of relative humidity above bare soil (Rimski
Sancevi (Serbia), synoptic weather station) and apple orchard (Cenej,
Serbia) (Source: Republic Hydrometeorological Service of Serbia and
PIS Vojvodina).

Meteorological conditions, crop and soil characteristics, environ-
mental conditions and crop management affect the intensity of evapo-
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transpiration. Depending on the level of complexity, i.e. the number of
parameters involved, three types of evapotranspiration are commonly
considered (Allen et al., 1998):
a. reference ET,
b. ET under standard conditions and
c. adjacent ET corresponding to the actual ET from the vegetated
surface.

Reference evapotranspiration, ET is evapotranspiration from an
optimally wetted soil surface fully covered by the reference vegetation,
in most cases short grass. The intensity of reference ET depends only on
meteorological conditions.

Evapotranspiration under standard conditions, ET, often called potential
evapotranspiration, is a process that occurs from an optimally wetted soil
surface fully covered with the selected crop, which is disease—free and opti-
mally fertilized (reference canopy conditions). In addition to meteorological
conditions, the intensity of this type of evapotranspiration is strongly affected
by characteristics of the soil (type, structure, salinity, fertility) and the crop
(variety, growing stage, stomata number, distribution and openness). The
calculation of ET is commonly made by the crop coefficient (K ) approach,
assuming that the potential evapotranspiration from any vegetated surface
can be expressed with respect to the reference ET (ET, = K _ET ). The crop co-
efficient (K ) is a time dependent variable (Fig. 4.5), which introduces specific
crop characteristics into the calculation of potential evapotranspiration and
should be experimentally determined for at least three of the most important
periods during the growing season: initial stage, mid—season and late season.
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Figure 4.5: Winter wheat crop coefficient K_ variation during growing
season (Jacimovic, 2012).
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Figure 4.6: Measurements of water vapor pressure in the atmosphere
during 2006 at Hemlock Tower, Prospect Hill Tract (Harvard Forest)
(NY, USA) (Munger and Hadley, 2018.).

Actual ET is the real amount of water vapour obtained from a par-
ticular canopy under current meteorological, soil and plant conditions.
The intensity of actual ET (ET)) is determined by using the crop coef-
ficient approach, whereby the effects of deviation from reference canopy
conditions are taken into account using the adjustment factor (K_,). In
the case of a high water vapour deficit or a low quantity of available soil
water content, plants can close their stomata (increase stomata resist-
ance) and reduce ET . However, this is not an instantaneous process. If
a high water vapour deficit appears suddenly, as in the case of Sukhovey
wind, the stomata have no time to close and the plant loses water rapidly.

On all time and spatial scales, vegetation is an important source of
water vapour for the atmosphere. It increases specific air humidity, but
its impact on relative humidity also depends on air temperature and the
capacity of the air to hold water. Measurements of water vapor pressure at
the Hemlock Tower, Prospect Hill Tract (Harvard Forest) (NY, USA) (Fig.
4.6) depict two interesting facts related to air humidity and the impact of
air temperature on it. First, at the same temperature, water vapor pressure
is higher on the lowland than at the ridge top, which is, obviously, better
ventilated. Secondly, there is a clear upper limit of water vapor pressure at a
given temperature. This is, indeed, the definition of saturation water vapour
pressure and argues in favour of the statement above (Chapter 4.1) that E
depends only on air temperature. If tracing threshold values with respect
to temperature produces an exponential curve, this describes the depend-
ence of saturation water vapour pressure on temperature. Its mathematical
formulation is well known the Clausius—Clapeyron relationship (see more
in “Numerical examples”).
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Figure 4.7: Global distributions of annual relative humidity and evapo-
transpiration (Source: Atlas of the Biosphere, https://nelson.wisc.edu/
sage/data—and—models/atlas/maps.php?catnum=3&type=Ecosystems).

Vegetation over a large spatial extension, as in rain forests in Brazil,
has a predominant impact (c. 50 — 75 %) on annual relative humidity and
evapotranspiration (Fig. 4.7) and the formation of precipitation clouds
(Fig. 4.8).
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Figure 4.8: Global distributions of vegetation cover (left) and cloud
fraction (right) for February 2000 (Source: NASA Earth Observatory,
https://earthobservatory.nasa.gov/GlobalMaps).

Different plant types have significantly different impacts on air hu-
midity. Under sufficient soil water conditions, the intensity of nocturnal
transpiration affects air humidity and the dew point of canopy and the
surrounding air space. Good examples are temperate C, plants like wheat
and C, tropical plants like maize. In the case of wheat, it is typical for
stomata to close at night to reduce transpiration. Without advection of
humid air at night, the dew point will decrease by a few degrees °C. Dew
can be formed in the wheat canopy only if air temperature drops to this
temperature. By contrast, maize is a tropical plant which continues tran-
spiration at night by increasing air humidity and leaving its dew point in
the morning just 1—2 °C below its sunset value. This creates conditions
for frequent due formation in the maize canopy.






Chapter 5

Clouds and precipitation

Whether thin as a spider’s web and high in the sky, or dark as iron
and almost at our “fingertips”, clouds are the most impressive visible
product of water vapour condensation as well as many other processes
which define their type, content, height and scale. The presence of any
cloud affects the energy balance of the atmosphere and the Earth’s sur-
face. Like snow, white cumulus clouds cause multiple reflections of solar
radiation, producing much higher solar intensities in comparison to the
top of the atmosphere. Precipitation is the fall of water, ice, or snow from
the atmosphere to the surface of the Earth. But before considering how
cloud formation and precipitation begin, some important points related
to adiabatic raising and atmospheric stability have to be explained.

5.1 Adiabatic processes and atmospheric stability

In Chapter 4 we discussed how rising air affects the diurnal varia-
tion of water vapour pressure and upslope fog formation; we also saw
how radiation fog can persist for several hours, keeping high humidity
conditions near the surface. But it is not quite clear why this happens. In
order to explain why air rises on some occasions and not on others, it is
essential to introduce atmospheric adiabatic processes and explain the
concepts of air parcel and atmospheric stability.

An air parcel is a volume element of air used to explain the behaviour
of surrounding air. It is small enough to possess nearly uniform properties
within its whole volume, maintaining all the basic thermodynamic and
dynamic properties of the air which it represents.

An adiabatic process is one that occurs without the exchange of matter
(energy and substance) between a thermodynamic system and its sur-
roundings. According to the First Law of thermodynamics, energy brought
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to the thermodynamic system (Q) can be spent on changes in the internal
energy of the system (AU), i.e. temperature change and work performed
by the system (A), such as volume expansion. It can be expressed as

Q=AU+A (5.1)

In the case of adiabatic processes (Q = 0 J and A = -AU), there is no
energy exchange with the surroundings. If any work is performed it is
done at the expense of the internal energy of the system, expressed in the
form of a temperature decrease.

In light of the definition of adiabatic processes, the question arises
whether real world air parcel can be considered as an adiabatic system
and its movement as an adiabatic process. Because predictions based on
this model work, the answer is affirmative.

How does this manifest itself in the atmosphere? Let us suppose that
due to the interaction of an air parcel with cooler and denser surrounding
air, buoyancy force is exerted. Buoyancy will force the air parcel to rise
as long as it is warmer and less dense in comparison to its surroundings.
While rising, the air parcel will be exposed to reduced atmospheric pres-
sure, which will lead to an increase in its volume and therefore a decrease
in its temperature. At a lower temperature, the initial amount of water
vapour will produce increased relative humidity and the air parcel will
become more saturated as it ascends (see Chapter 4). As long as the relative
humidity of the air parcel is less than 100%, its rise is called dry adiabatic,
while the decrease in temperature with height is called the dry adiabatic
lapse rate (T, = 1 K/100 m). If the air parcel cools down to the dew point
temperature, condensation occurs, and the latent heat of condensation
warms up the air parcel, reducing its temperature decrease. This kind of
rise is called moist adiabatic. Specifically, the moist adiabatic lapse rate
(T,), is always less than that of the dry adiabatic but closely depends on
the air parcel’s initial water vapour content. Commonly used values in
examples and calculations are 0.4—0.8 K/100 m.

The static stability of any physical system, including an air parcel, is
defined with respect to static equilibrium, the state in which forces are
all balanced. Equilibrium can be stable, when a parcel tends to return
to the previous state after being disturbed, or unstable, when a small
disturbance produces significant changes and return to the initial state
is no longer possible.

If the lapse rate of the surrounding air (environmental lapse rate) is
less than the adiabatic lapse rate (Fig. 5.1b), then the air parcel that is
forced to rise (by a steep hill, for example) will be permanently colder
and denser than the surrounding air and will tend to return to the initial
position. In that case the atmosphere is absolutely stable. Alow environ-
mental lapse rate occurs when the surface air is cooling or the air above



AGRICULTURAL METEOROLOGY AND CLIMATOLOGY 77

is warming. Cooling of surface air is commonly due to cold air advection
or intensive nocturnal cooling, which generally produces highly stable air
just before sunrise when the temperature reaches its minimum. Since a
stable atmosphere is strongly resistant to any vertical motion, it allows
fog to stay close to the surface early in the morning (Fig. 5.2). Warming
of the upper air is the result of warm advection or slow air sinking and
consequent warming (a process opposite to cooling due to rising), which
can produce subsidence inversion. In stable conditions, inversion behaves
as an atmosphericlid, preventing vertical transfer and keeping all products
of condensation, but also all pollutants, close to the ground.
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Figure 5.1: Air parcel in unstable (left-a) and stable (right-b) atmosphere.

Figure 5.2: Stable atmosphere in the morning keeps fog close to the
ground.



78 CLOUDS AND PRECIPITATION

If the environmental lapse rate is above the dry adiabatic lapse rate,
a rising air parcel will cool off more slowly than its environment (Fig.
5.1a). Hence, once an air parcel starts to ascend, it will keep rising in this
absolutely unstable atmosphere. Atmospheric instability increases when
the environmental lapse rate increases, which is a common phenomenon
when the surface air is warming or the air above is cooling. Surface air
temperature increases as a result of warm advection or the daily heating
of the Earth’s surface by solar radiation, which produces intensive vertical
mixing of the atmosphere. Accordingly, atmospheric stability can change
from stable to unstable following temperature day cycle.

A stable atmosphere which holds water vapour, particularly in the
morning before a dry day, is an important source of humidity for plants and
animals. However, in the case of frost, stability associated with radiation
inversion produces frost damage, whose severity depends on the intensity
of the inversion and stability (which determine the duration of the frost)
and on how far the temperature drops below 0 °C (which determines the
intensity of the frost).

An unstable atmosphere encourages the vertical transfer of heat
and water vapour from the ground and plant canopy to the atmosphere,
greatly affecting the energy and water balance of the surface. It can boost
the intensity of evapotranspiration and gas exchange between plants and
the surface layer, which at the same time increases the intensity of all
physiological processes involved.

5.2 Clouds and their formation

Clouds are visible products of atmospheric water vapour condensation
and freezing. They can be formed close to the ground or at high altitudes;
they can be thin with a large horizontal extension or thick up to boundary
layer top but with “corn field size” horizontal scale.

Water vapour condensation (see Chapter 4) and cloud formation in
the atmosphere generally occur when: a) air rises due to convection, b) air
is forced to rise by mountains or weather fronts, and ¢) warm and cold air
collide and mix in the atmosphere. The appearance of clouds and the type
of precipitation that forms in them depends on whether clouds are formed
by a slow rise in a stable atmosphere or fast convection in an unstable one.

Fully layered (stratus—like) clouds tend to form under conditions of
large—scale subsidence and strong static stability. Convective clouds are
usually produced by the atmospheric heating and convection of moist air
from the ground to the top of the atmosphere or by fast moving cold fronts
forcing upward motion. Mixed types are also possible with layer clouds
having some convective elements if local instability occurs. In contrast
to the great horizontal extension of layered clouds, convective clouds are
characterised by their vertical scale. The faster the convection and the
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more water vapour introduced, the more pronounced will be the vertical
thickness of the cloud.

Asthey are permanently changing, clouds appear in many forms, giving
rise to the need for classification. The first cloud classification was made
by amateur British pharmacist and meteorologist Luke Howard, who pub-
lished his Essay on the Modification of Clouds in 1803. His classification is
based on ten cloud classes; it was later extended and accepted by the World
Meteorological Organisation (WMO) as the basis for the ten main groups,
or “genera”, of clouds: Cirrus (Ci), Cirrostratus (Cs), Cirrocumulus (Cc),
Cumulonimbus (Cb), Altocumulus (Ac), Altostratus (As), Nimbostratus
(Ns), Stratocumulus (Sc), Stratus (St) and Cumulus (Cu). Further classi-
fication is made according to the part of the atmosphere (troposphere) in
which low, medium and high clouds commonly appear (Fig. 5.3).

Altitude (m)

| Middle
~ level

" IW Low level

Mean
sea level

Figure 5.3: Classification of clouds: group, level, height, symbols.

Cloud names usually come from Latin words describing their ap-
pearance. In order to more accurately describe cloud characteristics, the
prefixes alto—, for high clouds, and nimbo—, for rainy clouds, are added.

Cloud content depends on the height, place and mechanisms of its
formation; it can be characterised by individual ice crystals, snow and
drops of different sizes as well as different mixtures of all these forms.
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According to their temperature and content, clouds can be identified as
warm or cold. If a cloud’s temperature over its whole profile is above 0
°C and if it consists of liquid droplets, only then is it considered a warm
cloud—typical for tropical regions. However, if the cloud top reaches
heights with temperatures far below o °C, its content is determined by
a mixture of ice crystals and liquid droplets. This formation, typical for
mid and high latitudes, is called a cold cloud.

5.2.1 Low clouds

If a cloud base lies below 2000 m, it is commonly classified as a low
cloud. Even though mostly composed of water droplets, low clouds can
also contain ice particles and snow when temperatures are low enough.
Low clouds types are: stratus, cumulus, stratocumulus and cumulonimbus.

Figure 5.4: Low clouds: a) stratus, b) cumulus, ¢) stratocumulus and d)
cumulonimbus. (Source: International Cloud Atlas, WMO, 2018, https://
cloudatlas.wmo.int/home.html).

Stratus clouds are shapeless (Fig. 5.4a), low—level clouds with lay-
ers of grey to white and a uniform base. Depending on the surrounding
air temperature, they can consist of water droplets, supercooled water
droplets or ice crystals. Atmospheric conditions favourable for stratus
cloud formation are associated with: a) radiative cooling of a clear, moist
atmospheric layer; b) warm advection and c) forced rising of moist air in
regions close to a front or to steep hills. In particular, advection of warm
air over a colder surface can lead to fog formation. Wind can elevate the
base of the fog layer, leading to the formation of stratus clouds. They often
appear in fair weather but can occasionally produce drizzle or light snow.



AGRICULTURAL METEOROLOGY AND CLIMATOLOGY 81

Cumulus clouds are cotton-like (Fig. 5.4b) in appearance and are
formed as a result of local convection of warm, moist parcels in a condi-
tionally unstable atmosphere. The common ragged form of these clouds is
usually underlined by a flat base at heights not much above 1000 m, while
the tops of these clouds can reach or even shoot through the tropopause.
They appear individually or in clusters and cloud lines. Depending on the
temperature cloud top height, they can consist of water vapour, water
droplets, supercooled water or ice crystals. Cumulus clouds are associated
with fair weather and do not produce precipitation, but they can easily
develop into cumulus congestus or even cumulonimbus, which produce
heavy rain, strong winds and thunderstorms and sometimes hail.

Stratocumulus clouds are grey—to—dark clouds (Fig. 5.4c) whose
layered structure is interrupted by cumulus elements, since they often
appear in transitions from cumulus or stratus clouds. Conditions fa-
vourable for stratocumulus formation are associated with large—scale
subsidence and strong static stability in the lower troposphere. The cloud
dynamic, responsible for their vertical development, is primarily driven
by convective instability caused by infrared radiative cooling from the
cloud top. Stratocumulus clouds typically contain different forms of liquid
condensate. Ice can also be present if the cloud top is cold enough. They
commonly have a thickness of 200—400 m within an atmospheric layer
of 500—2000 m. They are associated with fair weather, and precipitation
is not common. Exceptionally, light rain or snow can appear. However,
stratocumulus clouds often announce approaching storms.

Cumulonimbus clouds—“the king of clouds”—are one of the most
impressive and easily observable weather phenomena (Fig. 5.4d). Grey
or dark, dense with a pronounced tower structure, these clouds can exist
alone or form the line of other clouds, with the potential for supercell
development. Initially in the form of well-developed cumulus clouds and
with an intensive vertical development reaching 93 km/h, these clouds
extend over most of the troposphere. Their cloud base is commonly found
at altitudes of between 200 m and 4000 m, while their cloud top appears
at 7600 m and in some extreme cases at 12000 m. Conditions favourable
for their formation are associated with strong atmospheric instability
caused by great temperature decreases in the lower troposphere. Water
vapour originates close to the cloud base and is then lifted by strong
upward air currents. At higher altitudes, the cloud content is dominated
by supercooled drops and the solid phase of water in the form of snow
and individual ice crystals. Cumulonimbus clouds are a frequent cause of
storms with strong winds, lightning, intensive precipitation, sometimes
with hail. In some regions, such as the US Midwest, they spawn torna-
does. Cumulonimbus clouds usually appear on summer afternoons after
well-developed atmospheric convection due to solar heating of the Earth’s
surface coupled with low-level convergence of moist air.
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5.2.2 Medium clouds

Clouds are classified as medium or mid—level clouds if their bases are at
altitudes of between 2000 to 6000 meters. Primarily, they are composed of
water droplets but when temperature are low enough ice crystals can be pre-
sent. Medium clouds types are: altocumulus, altostratus and nimbostratus.

Figure 5.5: Medium clouds: a) altocumulus, b) altostratus and c¢) nimbo-
stratus. (Source: Source: International Cloud Atlas, WMO, 2018, https://
cloudatlas.wmo.int/home.html).

Altocumulus clouds (Fig. 5.5a) are white and/or grey and appear in the
form of layers, lines or patches of cloudlets. They form at altitudes of between
2000 m and 7000 m and consist of supercooled water droplets (even at -10
°C) and, sometimes, of ice crystals. They form by convection in an unstable,
high—altitude atmospheric layer. They do not produce rain but can indicate
weather changes. For example, on a summer morning they announce a high
risk of thunderstorms in the afternoon. If associated with Foehn, they indi-
cate weather deterioration within the next half day or the day after.

Altostratus clouds (Fig. 5.5b) are formless grey or blue—grey sheets
of thin cloud that steadily thicken over a large horizontal extension. Since
thickening is not uniform throughout the extension, in some parts alto-
stratus clouds are thin enough to make the sun visible. Since altostratus
form as a result of cirrostratus descending from higher levels, they contain
a mixture of water droplets and ice crystals, commonly contributing to
the formation of optical effects in the atmosphere (coronas). Altostratus
are not rainy clouds but they often form in advance of a warm or occluded
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front. The passing of a front transforms altostratus into rainy nimbostra-
tus. Their presence therefore often announces a change in weather.

Nimbostratus clouds (Fig. 5.5¢) have a form and content that corre-
spond to their name—nimbus, or “dark cloud.” They are rainy, low—level
layer clouds with a uniform base. They are formless, grey or dark grey
and thick; they do not allow sunshine to pass through (hence their dark
colour) and contain water droplets or snow. Nimbostratus clouds form in
the lower or mid atmosphere through the thickening of altostratus clouds.
They are often associated with a cloud system of mid—latitude cyclones
which bring precipitation to the surface below.

5.2.3 High clouds

At heights above 6000 m, temperatures are so low that these clouds
primarily consist of ice crystals. Therefore, high clouds are commonly thin
and white but can affect energy balance. High clouds types are: cirrus,
cirrocumulus and cirrostratus.

Figure 5.6: High clouds: a) cirrus, b) cirrocumulus and c) cirrostratus.
(Source: International Cloud Atlas, WMO, 2018, https://cloudatlas.wmo.
int/home.html).

Cirrus clouds (Fig. 5.6a) are high—level, typically white clouds with a
thin and often wispy appearance. They consist of ice crystals formed by
freezing droplets. Their presence usually announces nice weather, while
their motion indicates wind direction at cloud heights. Even though they
are very thin and high in the sky, cirrus clouds with their ice—crystal
surfaces (ideal for solar radiation reflection) can affect surface energy
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balance; their passage and/or presence is clearly seen on pyranometers
(see Chapter 13).

Cirrocumulus clouds (Fig. 5.6b) are usually white, high—level, thin
clouds appearing in the form of long rows or layers of rounded puffs. They
consist of supercooled water droplets appearing as a result of shallow
convection rising within the thin and unstable high—atmospheric layer.
At mid latitudes, they usually appear in the winter, indicating nice but
cold weather, while in the tropics they often announce an approaching
hurricane.

Cirrostratus clouds (Fig. 5.6¢) are a very high, thin, transparent,
layered clouds consisting of ice crystals, which typically form as a result
of the rising of a broad layer of air. If a warm front is approaching, cir-
rostratus clouds become thicker and transform into a lower and much
denser cloud type. They cover the sky either totally or partially and com-
monly produce a halo effect.

Cloud seeding is the dispersal of substances (AgI — silver iodide, KI —
potassium iodide and dry ice) which can act as condensation or ice crystal
nuclei in clouds, in order to change the appearance, type or intensity of
precipitation. The aim behind cloud seeding is usually to reduce hail or
to increase precipitation. Its efficacy in modifying weather has never been
rigorously proven; indeed it has been a controversial topic in the scientific
community for many years.

5.3 Growth of water droplets in clouds

The growth of water droplets in clouds starts from cloud condensation
nuclei (typically 0.2 ym in diameter) and finishes as either a cloud drop-
let (typical = 20 um, large = 100 um), raindrop (2000 um) or ice crystal
(snowflake). The formation of droplets larger than 20 um involves process-
es of diffusion and collision—coalescence as well as ice—crystal processes.

The rate of cloud droplet growth by condensation in a supersaturated
environment is a slow process—it takes several days to produce one rain-
drop—which decreases with radius increase. Obviously, smaller drops grow
faster. Therefore, condensation is a predominant mechanism of growth
in the case of drops smaller than 0.1 mm, when the fall speed of the drop
is very slow (due to almost balanced weight, friction and buoyancy force).
The further growth of a cloud drop into a liquid form large enough to fall
through the cloud bottom and reach the ground depends on cloud tempera-
ture: in warm clouds (Fig. 5.7), i.e. clouds with a maximum temperature
above -15 °C, it is determined by collision and coalescence processes, while
in cold clouds ice—crystal processes are additionally involved (Fig. 5.8).

The rate of cloud drop growth by collision and coalescence is enhanced
by: high liquid water content (which increases the efficacy of collision),
the range of droplet sizes (which increases the efficacy of collision and
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the chances that drops will coalesce after collision) and the high speed of
the updraft and cloud thickness (which increase the length of the droplet
collision path and the time spent in the cloud). Therefore, relatively thin
stratus clouds with a weak updraft may produce only drizzle (very light
rain), while strong cumulus clouds of intensive vertical development can
easily produce 5 mm raindrops.

Figure 5.7: Growth of droplet in a warm cloud.

Ice—crystal processes are found in cold clouds where part of the cloud
is at temperatures far below 0 °C. In the warm part of a cold cloud, col-
lision and coalescence of cloud droplets is the dominant mechanism of
droplet growth.

In air just above freezing level, supercooled cloud drops are still liquid.
They predominate in the existing mixture with ice crystals, and are still
present in large portions of a cloud with temperatures between freezing
and -40 °C. The cause of this surprising finding is explained by the fact
that the freezing temperature of water droplets decreases with size. Why
does this happen? Condensation nuclei are usually hygroscopic and dis-
solve upon droplet formation. When that occurs, the smaller the droplet,
the more concentrated the solution. Usually solutions have lower freezing
point temperatures than pure water. Therefore, the smaller the droplet,
the colder it can become before it freezes spontaneously at -48 °C.

Water droplets may also contain ice nuclei, substances with molecu-
lar structures similar to those of water. They may be part of composite
condensation nuclei on which droplets form or they may be swept from
the air as droplets fall. When this happens, droplets contain a sort of “ice
seed” and can freeze rather quickly.

On the other hand, ice crystals can form at air temperatures below
freezing if ice nuclei are present. Since the saturation vapour pressure
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just above a water surface is greater than that above an ice surface, the
concentration of water molecules just above a droplet surface is higher
than above one composed of ice. This concentration difference produces
flux of water vapour molecules from the droplet to the ice surface, caus-
ing further evaporation of drops and the growth of ice crystals during the
ice—crystal (Bergeron) process.

While falling, ice crystals collide with supercooled liquid droplets
which freeze on their surface, enhancing ice—crystal growth in the process
of accretion. Typical ice—crystal processes of raindrop formation can be
found in cumulonimbus clouds.

Finally, let us note that the main source of ice in clouds results from
the freezing of droplets on ice nuclei, and not the homogeneous freezing
of drops or their direct sublimation on ice nuclei.

Ice only (glaciated)
- i

Figure 5.8: Growth of droplets in a cold cloud.
5.4 Hydrometeors

According to the Glossary of the American Meteorological Society, a
hydrometeor is any product of condensation or deposition of atmospheric
water vapor, whether formed in the free atmosphere or at the Earth’s
surface, as well as any water particle blown by the wind from the Earth’s
surface. Hydrometeors (meteors other than clouds formed by different
forms of water) may consist of:



AGRICULTURAL METEOROLOGY AND CLIMATOLOGY 87

« thefall of an ensemble of particles, i.e. precipitation (rain, super-
cooled rain, drizzle, supercooled drizzle, snow, snow grains, snow
pellets, diamond dust, hail, small hail, ice pellets),

« adeposit of particles (deposits of fog droplets, white dew, rime,
glaze),

« anensemble of particles raised by the wind (drifting and blowing
snow, spray, snow devil, steam devil),

« avortex of particles (spout) and

« asuspension of particles in the atmosphere (fog, ice fog, mist).

In particular, this chapter will discuss precipitation, deposits of par-
ticles and hydrometeors raised by the wind.

5.4.1 Precipitation

Precipitation consists of liquid or solid water particles which fall
from clouds through the atmosphere and reach the ground. Depending
on the origin and mechanism of production involved, it can occur as: a)
stratiform and convective precipitation and b) cyclonic (frontal) and c)
orographic precipitation.

The speed of falling particles relative to vertical air motion affects
the mechanism of droplet, ice and snow growth in the cloud. Stratiform
precipitation occurs when the speed of falling ice crystals and snow is
usually high in comparison to that of the vertical air motion. In the case
of convective precipitation it is opposite. It affects the typical time for
precipitation growth: 1—3 h in stratiform clouds and 0.5 h in the case of
convective precipitation. Nimbostratus clouds are a common source of
stratiform precipitation (light to moderate steady rain or snow) but even
stratus and stratocumulus clouds can produce light rain and drizzle (see
below). Convective clouds (like cumulonimbus) produce showers and hail.
In both classes, thicker clouds produce more precipitation.

Frontal (cyclonic) precipitation is usually produced from nimbostratus
clouds in a frontal area between a warm, moist air mass and a cool, dry
one. However, fast moving fronts may also produce cumulonimbus clouds.

When moist air is forced to rise, encountering mountains or hills,
condensation starts in this air mass and orographic precipitation is com-
monly produced on the upwind mountain ridge.

Precipitation can also be classified according to its form, character,
intensity or type. The form of precipitation is classified as liquid (rain,
drizzle), freezing (supercooled rain, supercooled drizzle, mixed rain and
snow—"snain”) or frozen (snow, snow grains, snow pellets, diamond dust,
hail, small hail, ice pellets).

The character of precipitation can be intermittent or continuous. It
indicates not only the duration of precipitation but also the area covered.
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The intensity of precipitation is the ratio of its amount (the volume of
precipitation that turns to liquid per m?) to its duration. Three terms are
used to describe the intensity of precipitation: light (less than 2.5 mmh ),
moderate (2.5—7.6 mm h?) and heavy (more than 7.6 cm h*) (AMS Glos-
sary, 2018). A shower (of rain or snow) is precipitation of a specific char-
acter and intensity commonly produced by convective clouds. Typically, it
starts and stops suddenly by rapidly increasing and decreasing intensity.

There are many different types of precipitation —drizzle, rain, snow,
hail, and sleet among them. At this place, particular attention will be paid
to rain, snow and hail.

Rain consists of water drops (with a diameter larger than 0.5 mm)
that fall from a cloud and whose density and size (diameter) distribution
vary considerably with the origin and intensity of the precipitation (light
stratiform: 0.5—2.0 mm; moderate stratiform: 1.0—2.6 mm; heavy thun-
dershower: 1.2—4.0 mm) (Fig. 5.9). Clouds which regularly produce rain
are nimbostratus and cuamulonimbus. The intensity of rain varies from 1
mm hour for a light rain to 25 mm hour™ in the case of heavy shower.

Snow consists of ice crystals (single or stuck together) that fall from
a cloud and whose form, concentration and size distribution vary sig-
nificantly with the temperature and supersaturation conditions at which
they develop (Fig. 5.10). At temperatures above -5 °C, crystals, frozen
drops and melted—frozen parts of crystals stick together and form typical
snowflakes. At higher latitudes, snow falls in the form of ice crystals only.
Higher stratus, i.e. nimbostratus, clouds with a prevailing portion above
0 °C in the atmosphere are responsible for snowfall (lower ones produce

Figure 5.9: Rain.
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Figure 5.10: Snow (Garett et al., 2012).

rain). The definition of precipitation intensity that we have already seen
normally applies to snowfall; there is, however, an additional definition
of snow intensity based on its impact on visibility. Hence the intensity of
snow is described as light, moderate or heavy if visibility is 1 km or more,
between 0.5 km and 1 km, and less than 0.5 km, respectively.

Hail are ice particles that are either transparent, partly opaque or
completely opaque, with a diameter usually between 5 mm and 50 mm
(Fig. 5.11). Each hailstone consists of a central nucleus (an ice particle
up to 1 cm in diameter) usually surrounded by several layers of opaque
and/or transparent ice. The environment required for hail formation is
cumulonimbus clouds with intensive vertical development and high liquid
water content: this implies a high vertical drift within the cloud (35 m s?)
and a significant part of the cloud far above the o °C isotherm (Fig. 5.12).
Captured by an upward drift, the nucleus rises, growing by condensation
on its surface and by collision with cloud and raindrops (below the 0 °C
isotherm) and snow and ice (above the 0 °C isotherm), as far as its weight
overcomes the upward drift force. Afterwards, the resulting hailstone